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Abstract
The proxy δ13C as derived from benthic foraminiferal shells is widely used by palaeoceanog-
raphers to reconstruct the distribution of past water masses. The biogeochemical processes in-
volved in forming the benthic foraminiferal δ13C signal (δ13Cforam), however, have not been fully
understood yet, and a sound mechanistic description is still lacking. This thesis attempts to make
progress towards the long-standing goal of a mechanistic understanding and description of δ13C
in benthic foraminifera. Furthermore, the still debated state of the glacial ocean circulation and
water mass distribution is assessed using δ13C.
First, a compilation of 220 sediment core δ13C reconstructions from the glacial Atlantic
Ocean is compared with three-dimensional ocean circulation simulations including a marine car-
bon cycle model. Second, a reaction-diffusion model for calcification in foraminifera is adapted
for the use in benthic foraminifera. This model is able to quantify the effects of different phys-
ical, chemical and biological processes on the δ13C signal of an idealised benthic foraminiferal
shell (δ13Cforam). Sensitivity experiments with the stand-alone calcification model are performed.
Third, the three-dimensional ocean circulation simulations are used to drive the foraminifera cal-
cification model in order to have a spatial representation of δ13Cforam in the glacial ocean. The
results are employed in another model-data comparison in the glacial Atlantic Ocean.
The ocean model captures the general δ13C pattern indicated by present-day water column
data and Late Holocene sediment cores, but underestimates intermediate and deep water values
in the South Atlantic. The best agreement with glacial reconstructions is obtained for a model
scenario with an altered freshwater balance in the Southern Ocean, which has a shoaled and
weakened North Atlantic Deep Water flow and intensified Antarctic Bottom Water export. Re-
sults from the foraminifera calcification model indicate that temperature, respiration rate, and
pH have a significant impact on δ13Cforam. The results from the coupled ocean circulation/carbon
cycle model and the foraminifera calcification model improve the correlation with glacial recon-
IV
structions for all simulations considered. Knowledge of vital parameters such as the respiration
rate are important for constraining uncertainties in the formation of the δ13Cforam signal.
The results show that an interdisciplinary approach to assessing palaeoclimate is both valu-
able and useful for advancing our understanding of the climate system.
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Chapter 1
Introduction
In 1990 the Intergovernmental Panel on Climate Change (IPCC) published its first assessment
report [IPCC , 1990], which firmly established the issue of a changing climate on the politi-
cal and scientific agendas. Understanding the complex climate system with its many different
components and interactions (see Figure 1.1) and predicting its future behaviour is of immense
importance to mankind. In order to understand how the system functions and to be able to predict
its behaviour, climate scientists have traditionally taken two approaches. On the one hand, they
have formulated models of the climate system, that try to capture all the physical, chemical and
biological processes involved. In parallel with increasing computer power these models have
increased dramatically in complexity over the years, from simple atmospheric and ocean box
models to highly complex coupled Earth system models, that not only include atmospheric and
oceanic components, but also land ice, sea ice, vegetation, and sediment components, to name but
a few. On the other hand, climate scientists have looked into the historical and geological past,
where there is a wealth of data allowing us to reconstruct past changes of the climate system.
Models are what climate scientists use for predicting future climate changes. In order to proof
the quality of any given model, it should pass the test of (geological) history. This is where the
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two approaches for understanding the climate system meet: modellers make use of observation-
based climate reconstructions in order to verify their models’ abilities, while data gatherers rely
on model output in order to test the feasibility of their reconstruction-based hypotheses. A third
and more recent approach includes the validation of proxies (see below) in laboratory studies.
In the laboratory, proxy signal formation can be tested under controlled conditions in sensitivity
experiments. The results can then be used to constrain the interpretation of proxy material from
the geological past.
Figure 1.1: Components and interactions of the climate system, after IPCC [2007].
Palaeoclimatology
Climate reconstructions face the problem that, as we go back in time, less and less data is avail-
able. We know from instrumental records what happened in the last 100 to 150 years, for instance
from thermometers measuring temperature. Going further back in time where there are no in-
3strumental records, we have to rely on observations that have been recorded in books, sometimes
very precisely as, for example, in the field of phenology where the blooming, flowering and
wilting of certain plants has been recorded for centuries, which allows for a semi-quantitative
assessment of temperature. Even further back in time, we can make use of the ratio of oxygen
isotopes in order to reconstruct temperatures with the help of a so-called transfer function. A
transfer function translates the original signal (here temperature) into a signal that is preserved
in the geological record (here δ18O), which can be measured at a later point in time. This is an
example of a so-called proxy.
Proxies
Proxies are indicators of certain not directly measurable parameters such as temperature, carbon
dioxide (CO2) levels, or the distribution of water masses in the ocean. Tree rings, for instance,
are a proxy for temperature, stomatal density on plant leaves is a proxy for CO2 levels, and the
ratio of carbon-13 (13C) to carbon-12 (12C), written as δ13C, is among other things a proxy for
the distribution of water masses in the ocean. The focus of this thesis is on δ13C.
δ13C
The proxy δ13C is an indicator not only of the distribution of water masses in the past, but also
of nutrient availability in the oceans. It is measured on shells of calcium carbonate-forming
organisms such as foraminifera. One advantage of δ13C is that it is widely available, both in
space and in time. Thus, it is a popular proxy as it is possible to reconstruct large scale patterns
in the ocean as well as their evolution through time. Since the oceans are a major component of
the climate system, acting as one of the largest reservoirs for both heat and carbon (Figure 1.2),
understanding their behaviour is of critical importance for understanding the climate system as a
whole.
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Figure 1.2: Carbon reservoirs and residence times of the climate system, after Sigman and Boyle
[2000].
Ocean circulation
The observed ocean circulation at the present day is characterised by circulation of currents at the
surface and circulation of intermediate, deep and bottom waters at depth (Figure 1.3). Drivers of
the ocean circulation are (1) the wind stress at the surface, which mostly affects the surface ocean
circulation, but can also link the deep ocean with the surface by Ekman-induced upwelling, (2)
changes in the density of the ocean waters, e.g. due to changes in the thermohaline properties of
the seawater, and (3) diapycnal mixing (i.e. mixing across density gradients) caused by bottom
currents that flow across rough topography on the seafloor (e.g. Garabato et al. [2004]).
The global ocean circulation in simple terms is often described as a huge conveyor belt that,
starting in the North Atlantic, transports cold and saline waters at depth southwards until it joins
5Figure 1.3: A schematic representation of the water mass flow paths in the world oceans. In this
representation the Atlantic, Pacific and Indian Ocean all hinge on the Southern Ocean’s Antarctic
Circumpolar Current (ACC). All ocean basins are filled by Antarctic Bottom Waters (AABW)
at depth. Note that deep water formation only occurs in the North Atlantic Ocean and in the
Southern Ocean. Adapted from Schmitz [1996].
the Antarctic Circumpolar Current (ACC) from where it is transported northwards into the Indian
and Pacific Ocean basins, still at depth, before it is then rising up to the surface where it warms.
Then, following the Pacific branch, it is transported westwards at the surface via the Indonesian
archipelago, the Indian Ocean, around the southern tip of Africa and then northwards into the
Atlantic Ocean following the known surface currents back to its original setting in the North
Atlantic (Figure 1.3). The notion of a conveyor belt was first introduced by Wally Broecker
[Broecker and Peng, 1982]. It was originally based on the observations gathered during the Geo-
chemical Ocean Sections Study (GEOSECS) campaigns. One feature of the conveyor belt is that
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over time North Atlantic Deep Water (NADW), after leaving the surface, becomes more depleted
in oxygen, while at the same time becoming more enriched in CO2. This process is called water
mass aging and can be traced using δ13C, as was first done by Kroopnick [1985]. Figure 1.4
shows the δ13C distribution of dissolved inorganic carbon (DIC) in the Western Atlantic.
Figure 1.4: Distribution of δ13C of dissolved inorganic carbon in the Western Atlantic Ocean.
The relatively high δ13C values at the surface are transported into the deep ocean following
the NADW flowpath where they gradually become more depleted. Also visible are low-δ13C
Antarctic Intermediate Water (AAIW) and low-δ13C Antarctic Bottom Water (AABW). After
Kroopnick [1985].
Thesis motivation and outline
The aim of this thesis is (1) to come closer to a mechanistic description of the palaeoceanographic
proxy δ13C, and (2) to use this description to better assess the state of the glacial Atlantic Ocean.
In other words the following questions will be investigated: how do foraminifera incorporate
carbon isotopes into their shells, and what are the relevant processes? And: can we constrain the
glacial Atlantic meridional overturning circulation (AMOC) from δ13C reconstructions? If yes,
7what are the most plausible AMOC scenarios? Finding the answers to these questions requires
interdisciplinary thinking as well as an understanding and appreciation of the various processes
and methods used in the different disciplines. I am using and combining knowledge from climate
modellers, marine geologists, experimental biogeoscientists and chemical oceanographers. It is
only within this framework that we can understand biological proxy signal formation in the
oceans, interpret the signal sensibly, and draw meaningful conclusions. Each discipline on its
own would struggle to achieve that goal.
The broad structure of the thesis is as follows. Chapters 2 to 6 provide the necessary back-
ground and preliminaries for the three main studies that are presented in Chapters 7 to 9. Chap-
ter 10 summarises the main findings of the thesis and gives an outlook for possible future re-
search.
In more detail: Chapter 2 is an introduction to carbonate chemistry in seawater as well as
to carbon isotopes - prerequisites for understanding the δ13C proxy basics. Chapter 3 gives
an introduction into benthic foraminifera, which are the organisms recording the δ13C proxy
signal on the ocean floor. Chapter 4 moves on to describe what we know about the Last Glacial
Maximum (LGM) and outlines the difficulties in assessing and understanding the glacial ocean.
In Chapter 5 the different models used in this thesis are described. These include an ocean general
circulation model (OGCM), an oceanic carbon cycle model, and a reaction-diffusion foraminifera
calcification model (FCM). Chapter 6 then describes the δ13C sediment data which are used for
the model-data comparisons. Chapter 7 is the first of the three major studies: a model-data
comparison of δ13C in the glacial Atlantic Ocean.1 Here three different glacial ocean scenarios
are compared to reconstructions of δ13C in order test which scenario is the most plausible. This
is followed by Chapter 8: model sensitivity experiments with the FCM.2 The chapter provides
an assessment of the impact of various physical, chemical and biological processes on the signal
formation of δ13C in benthic foraminifera. Chapter 9 combines the approaches of the previous
1This chapter is based on Hesse et al. [2011], which has been published in Paleoceanography.
2This chapter is based on [Hesse et al., in review], which is currently in review at Marine Micropaleontology.
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two chapters: the glacial ocean scenarios are combined with the FCM, and another model-data
comparison is performed.3 This is the first combination of such models and presents an important
advance towards a fully mechanistic description of δ13C signal formation. Finally, Chapter 10
concludes the thesis.
3This chapter forms the basis for a manuscript that is going to be submitted to Climate of the Past [Hesse et al.,
in preparation].
Chapter 2
Understanding δ13C
2.1 Carbonate chemistry in seawater
Equilibrium
In order to understand δ13C as a proxy it is essential to have an understanding of carbonate chem-
istry in seawater, where dissolved inorganic carbon (DIC) is typically present in three forms: as
carbon dioxide (CO2), bicarbonate ion (HCO−3 ), and carbonate ion (CO
2−
3 ). The total amount of
DIC (often denoted as ΣCO2) in the ocean is given by
[ΣCO2] = [CO2] + [HCO−3 ] + [CO
2−
3 ].
1 (2.1)
In equilibrium the individual carbonate species are related by:
CO2 + H2O
K1

 HCO−3 + H+
K2

 CO2−3 + 2H+, (2.2)
1Square brackets refer to the concentration of a chemical species.
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where K1 and K2 are the equilibrium or dissociation constants. They are given by
K1 =
[HCO−3 ][H
+]
[CO2]
(2.3)
and
K2 =
[CO2−3 ][H
+]
[HCO−3 ]
, (2.4)
and depend on temperature, pressure and salinity. Figure 2.1 shows the distribution for the three
carbonate species in seawater, and their dependence on temperature, pressure and salinity: at
low pH almost all carbonate is in the form of CO2, at intermediate pH HCO−3 dominates, and
at high pH levels CO2−3 is the main carbonate species. The figure further shows that lowering
temperature, lowering salinity, or decreasing pressure shifts the relative distribution of carbonate
species to higher pH values. In other words, for a given pH more CO2 is present under these
circumstances (see Figure 2.1 for details).
Exchange with the atmosphere only occurs between dissolved CO2(aq) and atmospheric CO2(g).
Therefore, bicarbonate and carbonate ions have to be exchanged via CO2(aq), effectively present-
ing a bottleneck for the air-sea gas exchange. This is the reason for the relatively long equili-
bration time of surface waters with the atmosphere, which takes about 240 days for a typical
oceanic setting [Zeebe and Wolf-Gladrow, 2001]. The equilibration time is a measure of how
long it takes to reduce the disequilibrium between atmospheric CO2 partial pressure and ocean
surface equilibrium CO2 partial pressure to a fraction of 1/e of the initial difference. Looking
into the details, the equilibration time depends on such things as the pH, the surface ocean mixed
layer depth and the Revelle factor (see Zeebe and Wolf-Gladrow [2001]).
Kinetics
The chemical reactions for the carbonate system are:
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Figure 2.1: Bjerrum plot of the carbonate system in seawater. The solid line represents the
reference case where temperature (T) is 25◦C, salinity (S) is 35 and pressure (P) is 1 atm. Adapted
from Zeebe and Wolf-Gladrow [2001].
CO2 + H2O
k+1


k−1
H+ + HCO−3 (2.5)
CO2 + OH−
k+4


k−4
HCO−3 (2.6)
CO2−3 + H
+
k+5


k−5
HCO−3 (2.7)
H2O
k+6


k−6
H+ + OH− (2.8)
B(OH)3 + H2O
k+7


k−7
B(OH)−4 + H
+, (2.9)
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where k+ and k− are the reaction rate constants for the forward and backward reaction, re-
spectively.2 The hydration of CO2 is achieved via the two reactions in Equations 2.5 and 2.6.
Depending on pH, one or the other is more important: at low pH hydration via the reaction
in Equation 2.5 is faster, at high pH the hydroxylation via Equation 2.6 dominates [Zeebe and
Wolf-Gladrow, 2001]. The equilibrium constant K1 is related to various kinetic constants by
K1 =
[H+][HCO−3 ]
[CO2]
=
k+1
k−1
=
k+4
k−4
KW , (2.10)
where KW is the ion product of water, or [H+][OH−] [Zeebe and Wolf-Gladrow, 2001].
2.2 Carbon isotopes
Carbon has three naturally occuring isotopes: 12C, 13C and 14C. Their relative abundances on
Earth are: 98.8922%, 1.1078%, and trace amounts, respectively. The stable isotopes are 12C and
13C, whereas 14C is radioactive and decays with a half-life of 5,730 years.3 The amount of 14C is
very small as it decays very fast with respect to the age of the Earth.4 Because of their different
atomic mass, isotopes have slightly different thermodynamic properties. For example, 13CO2 has
a higher mass and is therefore in a lower zero energy state than 12CO2. This leads to isotopic
equilibrium fractionation: it means that one isotope is preferentially found in one phase state,
whereas the other isotope prefers another phase state. So when we are considering atmospheric
CO2 and dissolved CO2 in the surface ocean in thermodynamical equilibrium, more 13CO2 is
found in the ocean, and conversely more 12CO2 is in the atmosphere.
There are a number of non-equilibrium isotopic fractionation effects. These include incom-
plete or uni-directional processes (example: evaporation), kinetic effects in chemical reactions,
2Note: reaction rate constants (also calles kinetic constants) are typically written in lower case letters, whereas
equilibrium (dissociation) constants are in upper case letters.
3This makes it a useful age determinator for the past 30,000 to 40,000 years.
4Radiocarbon is produced in the atmosphere by the collision of nitrogen with cosmic rays.
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diffusion, and also metabolic effects [Zeebe and Wolf-Gladrow, 2001]. A metabolic effect is
found during photosynthesis, for instance, where the lighter carbon isotope 12C is preferentially
taken up to form biomass.5
At this point it is useful to define the carbon isotopic ratio δ13C: it is defined as the ratio of
13C to 12C of a sample, divided by the ratio of 13C to 12C of a standard, all minus 1. Since there
is a lot more 12C than 13C, δ13C is expressed in permil (h):
δ13C =
[
(13C/12C)sample
(13C/12C)standard
− 1
]
× 1000h (2.11)
Measurements of δ13C on calcitic shells are typically calibrated to the VPDB (Vienna Pee
Dee Belemnite) scale [Mackensen, 2008].
Coming back to the equilibrium isotope fractionation in the carbonate system, it is important
to remember that the distribution of δ13C values of the different carbonate species depends on
temperature and pH. The δ13C distribution with changing pH can be seen in Figure 2.2. The
heaviest chemical species (HCO−3 ) is the species most enriched in δ
13C, and the lightest species
(CO2) is the most depleted. The inter-species offset in δ13C is constant across the pH range (there
is no thermodynamic change as the pH is altered). The changes in δ13C of the individual species
is only related to the differing abundances at a given pH (cf. the Bjerrum plot in Figure 2.1).
Temperature-dependent carbon isotope fractionation in seawater is based on the following
equilibrium fractionation coefficients (taken from Mook [1986], see Zeebe et al. [1999] for de-
tails):
5This is probably mediated by the enzyme Rubisco (Ribulose-1,5-bisphosphate carboxylase oxygenase) that
oversees the first steps in carbon fixation during the photosynthesising process.
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Figure 2.2: Distribution of the δ13C values of the different carbon species as a function of pH
at a temperature of 25◦C. δ13CΣCO2 is 0h. At low pH all carbon is present in the form of CO2,
consequently δ13CCO2 is 0h. Equally, for very high pH values, all carbon is converted to CO2−3
and therefore δ13CCO2−3 is at 0h. At intermediate pH values HCO−3 is the dominant species,
which is the reason for δ13CHCO−3 to approach 0h. For different temperatures the differences in
δ13C between the carbon species may shift. Adapted from Zeebe and Wolf-Gladrow [2001].
ε1 = ε(CO2(g)−HCO−3 ) = −9483/T + 23.89 (2.12)
ε2 = ε(CO2(aq)−CO2(g)) = −373/T + 0.19 (2.13)
ε3 = ε(CO2(aq)−HCO−3 ) = −9866/T + 24.12 (2.14)
ε4 = ε(CO2−3 −HCO−3 ) = −867/T + 2.52 (2.15)
ε5 = ε(CaCO3(calc)−HCO−3 ) = −4232/T + 15.10 (2.16)
ε6 = ε(CaCO3(calc)−CO2−3 ) = −3341/T + 12.54 (2.17)
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where T is absolute temperature in Kelvin. Figure 2.3 is a graphical representation of the
temperature-dependent fractionation between the carbonate system species. Isotopic equilibrium
fractionation will be important in interpreting the results of the foraminifera calcification model
sensitivity experiments in Chapter 8.
Figure 2.3: Fractionation between the different carbonate system species relative to HCO−3 as a
function of temperature. Replotted after Mook [1986].
2.3 Distribution of δ13C in the oceans
In the surface ocean, the δ13C value of dissolved inorganic carbon (δ13CDIC) is controlled by
the rate of air-sea exchange of CO2, the time a particular water parcel is in contact with the
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atmosphere, and biological activity by algae. Air-sea exchange is a function of temperature and
wind speed [Wanninkhof and McGillis, 1999]. Higher wind speeds increase the roughness of
the sea and therefore the surface area across which CO2 molecules can be exchanged between
ocean and atmosphere. At high wind speeds bubble formation and breaking waves complicate
the picture further (see review by Wanninkhof et al. [2009] for details). As described above, a
typical time to reach full carbon isotopic equilibrium between surface ocean and atmosphere is
about 240 days [Zeebe and Wolf-Gladrow, 2001]. Therefore, depending on the initial δ13C value
of a water parcel that comes to the surface, by the time it leaves the surface ocean, it may or
may not be in isotopic equilibrium. Broecker and Peng [1982] and Broecker and Maier-Reimer
[1992] point out that there is no region in the world oceans where isotopic equilibrium is actually
reached. The reason for this is that surface waters are replaced on faster timescales than the
timescales needed for complete isotopic equilibrium. Algae prefer 12C over 13C. Typically, their
biomass is therefore depleted in δ13C and has a value range between −18 to −23h VPDB.
Conversely, the δ13CDIC of the surrounding surface waters is enriched.
As mentioned above, equilibrium isotope fractionation between the atmosphere and the ocean
causes the δ13CDIC to be heavier than atmospheric δ13CCO2 , as
13C with its lower zero energy
is more likely to remain in the liquid phase. The surface ocean’s δ13CDIC is about 8h heav-
ier than atmospheric δ13CCO2 at 20
◦C. Additionally, because of an increased solubility of CO2
with decreasing temperatures, δ13CDIC increases by 1h for a decrease in temperature by 10◦C
[Mackensen, 2008]. Given the atmospheric δ13CCO2 value has decreased from −6.5h VPDB
in pre-industrial times to ∼ −8h VPDB today due to the burning and release of fossil organic
carbon, the range of surface ocean δ13CDIC today from equilibrium fractionation alone would be
between −1 and +2h [Mackensen, 2008].
As water from the surface enters the deep ocean (see also Chapter 1 on ocean circulation),
there is no exchange with the atmosphere anymore. Now δ13CDIC is affected by the remineral-
isation of organic matter sinking through the water column, and the amount of time the water
2.3 Distribution of δ13C in the oceans 17
parcel stays out of contact with the atmosphere. Dead organic matter from the surface sinks into
the ocean and is oxidised and remineralised along its trajectory.6 This process releases the low
δ13C of the organic matter and thereby lowers δ13CDIC. The longer a water parcel stays out of
touch with the atmosphere, the lower its δ13CDIC value becomes, which explains the low δ13CDIC
values found in the North Pacific, where waters come back to the surface (Figure 2.4).
Figure 2.4: Horizontal projection of the δ13C distribution at a depth of between 2000 and 2500
meters. The δ13C values are highest in the North Atlantic and lowest in the North Pacific. After
Kroopnick [1985].
With these basics in mind, we can now explain the distribution of δ13CDIC in the Atlantic
Ocean that Kroopnick captured in Figure 1.4 [Kroopnick, 1985]. High δ13C waters from the sur-
face enter the deep North Atlantic and are transported as NADW southward at depth, gradually
lowering δ13CDIC over time. Upon reaching the Southern Ocean NADW is mixed into relatively
low δ13C circumpolar waters, some of which make it back to the surface before being subducted
again flowing northward as Antarctic Intermediate Water (AAIW). Since exchange of these wa-
6Typically only 1% of organic matter sinking from the surface ocean reaches the seafloor. The remaining 99%
are remineralised and recycled in the ocean.
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ters with the atmosphere is short, the subducted waters are far from being in isotopic equilibrium
with the atmosphere (see also the discussion part of Chapter 7). Therefore their δ13CDIC value
is substantially lower than the NADW’s δ13CDIC value. Antarctic Bottom Water (AABW) has
a similarly low δ13C signature as surface waters in its formation region are not in atmospheric
contact for long due to the sea-ice cover which prevents air-sea exchange, and their original δ13C
signature is low to begin with.
Chapter 3
Benthic foraminifera
Benthic foraminifera are one of the most abundant organisms living on the seafloor. Biologically
they are single-celled, pre-dominantly marine organisms belonging to the phylum protista and
forming the order foraminiferida [Murray, 2006]. They are taxonomically further subdivided
based on their shell shape, structure, and composition [Murray, 2006]. Benthic foraminifera
are typically split into those living above the water-sediment interface (epifaunal), and those
living within the sediment (infaunal). They are typically symbiont-barren, in contrast to many of
their planktonic relatives, which often host photosynthesising symbionts. Comparatively little is
known about deep-sea benthic foraminifera due to their difficult-to-reach habitats.
The reason why palaeoceanographers are interested in benthic foraminifera is that the δ13C
value of their shells (δ13Cforam) can be used as a proxy for the distribution of water masses. Addi-
tionally, the difference in δ13C between planktonic and benthic foraminifera at any given location
serves as a proxy for the efficiency of the biological pump, i.e. the amount of organic carbon that
is falling through the water column. A further advantage of benthic foraminifera is that they are
found almost everywhere on the ocean floor, and that they are abundant. Furthermore, they have
been on Earth for hundreds of millions of years [Culver, 1991], which makes them well placed
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for studies both in the more recent geological past of the Pleistocene, as well as in the entire
Cenozoic era.
Benthic δ13Cforam values have been widely used as a proxy for reconstructing the distributions
of past water masses in the world oceans, particularly in the Atlantic Ocean [Curry et al., 1988;
Duplessy et al., 1988; Sarnthein et al., 1994; Mackensen et al., 2001; Bickert and Mackensen,
2004; Curry and Oppo, 2005; Hesse et al., 2011]. Implicit in these studies is the assumption that
the δ13Cforam value records the δ13CDIC of the water mass in which the foraminifera grow. Over
the years there has been increasing evidence that different foraminiferal species record offsets
of δ13Cforam with respect to δ13CDIC depending on their habitat [Zahn et al., 1986; Mackensen
et al., 1993]. Infaunal species tend to record lower δ13Cforam values than epifaunal ones. There-
fore, many authors of palaeoceanographic studies have focused on epifaunal species such as
Cibicidoides wuellerstorfi (Schwager 1866) (see Figure 3.1), that record δ13CDIC more faithfully,
if perhaps accidently, in a 1:1 relationship [Woodruff et al., 1980; Zahn et al., 1986; Duplessy
et al., 1988; Hodell et al., 2001]. Another complication, however, is the fact that even these
species record an offset in their δ13Cforam signal with respect to δ13CDIC when they are exposed to
certain environmental conditions, such as algal bloom-derived phytodetritus layers [Mackensen
et al., 1993; Zarriess and Mackensen, 2011].
Figure 3.1: Images from scanning electron micrographs for Cibicidoides wuellerstorfi. The
longest dimension (in µm) in each image is (from left to right) 360, 560, and 450. Adapted
from Murray [2006].
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In order to extract the δ13C signal from foraminiferal shells, one is typically using specimen
that build calcareous shells. Specimen are picked from sediment cores, the shells then sorted
into certain size fractions, cleaned, crushed, and finally sent into a mass spectrometer where their
isotopic composition is measured.
As mentioned above, not much is known about the biological life cycles and behaviour of
deep-sea benthic foraminifera. In-situ measurements of respiration and calcification rates on
deep-sea benthic foraminiferal species hardly exist. Some authors have measured these rates
under laboratory conditions (e.g. Hannah et al. [1994]; Nomaki et al. [2007]; Geslin et al. [2011];
Glas et al. [2012]). Since it is notoriously difficult to culture deep-sea benthic foraminifera in
the laboratory under in-situ conditions, culture experiments have often been limited to shallow-
water species [Chandler et al., 1996], or specimen taken from water depths shallower than 250
m [Wilson-Finelli et al., 1998; Havach et al., 2001]. Culturing systems like those developed by
Hintz et al. [2004] should allow for the much desired more systematic experiments on deep-
sea benthic foraminifera. From a theoretical point of view, progress has mostly been made on
planktonic foraminifera [Wolf-Gladrow et al., 1999; Zeebe et al., 1999]. In the benthic realm
Zeebe [2007] pointed out in a modelling study that the impact of porewater on bottom water may
need to be considered when interpreting δ13Cforam.
Ultimately, understanding the processes for δ13C signal formation inside the foraminiferal
cell is essential for the interpretation of the proxy signal. Our understanding of benthic foraminifera
is still very limited, especially when it comes to the calcification process. The traditional view
on the calcification process as summarised by Erez [2003] is that the calcium and DIC build-
ing blocks are taken up in seawater vacuoles via endocytosis. They are then kept in so-called
pools where they become highly concentrated before being transfered to the site of calcification
to form the calcium carbonate shell. More and more studies now try to assess the physiological
processes in foraminifera, but a sound mechanistic description that satisfies all observations has
not emerged yet. In laboratory experiments de Nooijer et al. [2009] studied changes in the pH
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distribution inside a foraminiferal cell as it was calcifying a new chamber. They found that the
pH increases dramatically towards the calcification site. Glas et al. [2012] looked at changes
in pH outside the shell and found that pH levels drop substantially for the duration of chamber
formation. How these observations combine in order to describe the calcification process fully
has not been established yet.
Chapter 4
The Last Glacial Maximum
The Last Glacial Maximum (LGM) is the time period from 19,000 to 23,000 years ago, as defined
by the EPILOG project [Mix et al., 2001]. It is characterised by the existence of huge ice sheets
in the Northern Hemisphere, namely the Finno-Scandinavian ice sheet stretching across most of
Northern Europe, the Laurentide ice sheet covering vast areas of North America, and possibly
an ice sheet along parts of the Arctic rim of Asia [Clark et al., 2009]. Consequently, less water
was available in the oceans causing sea-level to be lower by about 120 meters when compared to
today [Fairbanks, 1989]. Temperatures were generally lower, though reconstructions and models
partly disagree about the extent. In a recent study Clark et al. [2009] found that average deep
ocean temperatures where lowered by 3.25 ± 0.55◦C.
For the sea surface temperature reconstructions there have been various efforts in the past in
order to assemble an ocean wide dataset. The major projects are the Climate Long Range Inves-
tigation, Mapping, and Prediction (CLIMAP) project of the 1970s and 1980s [CLIMAP Project
Members, 1976, 1981], the Glacial Atlantic Ocean Mapping (GLAMAP) project (see Sarnthein
et al. [2003] and references therein), and the Multiproxy Approach for the Reconstruction of the
Glacial Ocean Surface (MARGO) project [Kucera et al., 2005; Waelbroeck et al., 2009]. Using
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transfer functions for temperature based on microfossil assemblages, CLIMAP found a lowering
of SSTs in the tropics of approximately 2◦C, which was subsequently found to be too small a
change (e.g. Anderson and Webb [1994]; Guilderson et al. [1994]; Mix et al. [1999]). CLIMAP
further suggested perennial sea ice in the Nordic Seas [CLIMAP Project Members, 1981]. Com-
pared to CLIMAP, GLAMAP SSTs are higher in the North Atlantic but lower in the tropical and
South Atlantic. Correspondingly, GLAMAP suggests ice-free Nordic Seas in the summer and
a winter sea ice margin similar to the CLIMAP sea ice boundary for summer. In the Southern
Ocean, GLAMAP proposes more winter sea ice in Drake Passage, but less sea ice at the northern
boundary of the Weddell Sea compared to CLIMAP. The MARGO project is the latest attempt
at reconstructing glacial SSTs following a multiproxy approach that has more data points and
a denser spatial coverage. MARGO annual mean cooling in the tropics confirms GLAMAP’s
findings [Waelbroeck et al., 2009]. Figure 4.1 shows the annual mean air temperature anomalies
with respect to the present day from a coupled ocean-atmosphere model forced by CLIMAP and
GLAMAP SSTs [Romanova et al., 2004]. The model runs were forced by SSTs from CLIMAP
(with an extra 3◦C cooling in the tropics, Figure 4.1, left hand side) and from GLAMAP (Fig-
ure 4.1, right hand side). The model simulations in Chapters 7 and 9 will further build on the
different SST reconstructions described here.
The LGM is an ideal candidate for testing various climate hypotheses with the help of mod-
els. First, it is a distinct climate state in the not too distant past, where we have a lot of in-
formation from various proxy records. This is very useful for setting boundary conditions in
climate models. Second, it is a very different climate state compared to today and the Holocene
epoch. Climate models that capture both today’s climate state and the LGM’s climate state can
be considered better at representing the climate system as a whole compared to those that can
only represent one state or the other. Third, the LGM is considered to be a climate state close to
equilibrium, which makes modelling easier, as models can be run until they reach equilibrium,
too. Fourth, CO2 levels, continental geography and orbital parameters, all of which are important
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Figure 4.1: Glacial annual mean air temperature anomalies with respect to the present day, based
on (left) the CLIMAP SST reconstruction [CLIMAP Project Members, 1981] with an additional
3◦C cooling in the tropics [Lohmann and Lorenz, 2000], and (right) the GLAMAP SST recon-
struction [Paul and Scha¨fer-Neth, 2003]. Adapted from Romanova et al. [2004].
basic boundary conditions for climate models, are well known [Mix et al., 2001].
Glacial ocean circulation
Since we know that (a) the glacial climate was distinctly different to today’s climate, and (b) the
oceans are one of the major reservoirs for both heat and carbon, reconstructing the glacial ocean
and its circulation is an important step towards a full understanding of the LGM climate system.
Traditionally, research has been focussed on the Atlantic Ocean. The North Atlantic today is
one of the areas of deep water formation, where relatively salty and warm waters from the Gulf
of Mexico arrive, cool down, and sink due to a density gradient with the surrounding less salty
waters. More recently, the Southern Ocean’s role has also received more attention (see below).
The state of deep water formation during the LGM has been debated by many and was re-
viewed recently [Lynch-Stieglitz et al., 2007]. Based on proxy data many authors have suggested
that the formation rate of NADW was reduced during the LGM. This resulted in a shallower flow
path of what is called Glacial North Atlantic Intermediate Water (GNAIW) [Duplessy et al.,
1988; Curry and Oppo, 2005; Lynch-Stieglitz et al., 2007]. Figure 4.2 shows the distribution
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of δ13C as derived from benthic foraminiferal shells in the western Atlantic Ocean [Curry and
Oppo, 2005]. The shoaled GNAIW flowpath is clearly visible. At the same time export of
AABW from the Southern Ocean intensified, which has been inferred from grain size, radiocar-
bon, and 231Pa/230Th studies (e.g. Ledbetter and Johnson [1976]; Robinson et al. [2005]; Negre
et al. [2010]).
Figure 4.2: Distribution of δ13C from benthic foraminifera in the glacial Western Atlantic Ocean.
Data points are indicated by white dots. Present-day North Atlantic Deep Water is shoaled and
now termed Glacial North Atlantic Intermediate Water. After Curry and Oppo [2005].
Coupled ocean-atmosphere model simulations of the LGM climate show a large spread. Otto-
Bliesner et al. [2007] found large variations in the glacial circulation produced by four different
coupled models, while the same models produced similar circulations for the present-day. Weber
et al. [2007] compared the response of the Atlantic Meridional Overturning Circulation (AMOC)
to LGM forcing in nine coupled models and found that model results differ widely. Coupled
models even disagree as to whether the AMOC should have decreased or increased relative to
the present-day [Hewitt et al., 2003; Meissner et al., 2003; Shin et al., 2003a; Roche et al., 2007].
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Model-data comparisons
Model-data comparisons are ultimately the best tool for testing competing forward modelling
scenarios. There are but a few attempts to directly model marine proxy data for the LGM deep
ocean. Butzin et al. [2005] looked at radiocarbon in the glacial ocean simulated by different
model scenarios. As radiocarbon measurements are relatively sparse, however, it is difficult to
constrain simulations and the real LGM ocean. The more widely distributed palaeoproxy δ13C
is therefore more promising, even though it does not yield any kinematic information. This ap-
proach has been taken before to assess the glacial ocean (e.g. Winguth et al. [1999]; Matthies
et al. [2004]; Tagliabue et al. [2009]). For the model-data comparisons in Chapters 7 and 9 a
dataset of 220 δ13C sediment cores in the entire Atlantic Ocean is used (see Chapter 6 for a
description), which is unprecedented. Previous data compilations were restricted to particular
Atlantic sub-areas (e.g. the western Atlantic [Curry and Oppo, 2005], the East Atlantic [Sarn-
thein et al., 1994], or the South Atlantic [Bickert and Mackensen, 2004]), or they were using a
mixture of epifaunal and infaunal benthic foraminiferal species [Oliver et al., 2010].
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Chapter 5
Description of models
This chapter provides an overview and a description of the models used in the thesis. The three
models are the Hamburg Large Scale Geostrophic ocean general circulation model (LSG), the
Hamburg Oceanic Carbon Cycle circulation model (HAMOCC), and the foraminifera calcifica-
tion model (FCM). A description of the ocean model scenarios (based on Butzin et al. [2005])
that are used in Chapters 7 and 9 is also included. For this thesis, the FCM has been further
developed from the original version by Wolf-Gladrow et al. [1999] and Zeebe et al. [1999] so
that it can now be used for modelling calcification in benthic foraminifera (see also Chapter 8).
On a more general note, the LSG and HAMOCC versions used in this thesis have seen their
heyday, and are not state-of-the-art models anymore. They do have some important advantages,
though, which is why they were employed in this thesis. These include: (1) the possibility to
integrate over long time scales of 10,000 - 100,000 years, and thereby (2) reaching an equilibrium
state at relatively little computational cost. This is very useful for modelling the LGM, which
is considered to be in a climatic equilibrium state (see Chapter 4), and for making many model
simulations with competing scenarios.
To the best of my knowledge, the FCM is the only model of its kind. Since it includes vital
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effects and considers the immediate microenvironment of the foraminifer, it is a crucial tool for
palaeoceanographic studies, and is important for developing our theoretical understanding of
proxy formation in foraminifera.
5.1 The Hamburg Large Scale Geostrophic (LSG) ocean
general circulation model
In the thesis an updated version of the LSG ocean circulation model is used [Maier-Reimer et al.,
1993]. This version includes a third-order advection scheme for tracers [Scha¨fer-Neth and Paul,
2001; Prange et al., 2003] as well as an overflow parametrisation for the bottom boundary layer
[Lohmann, 1998; Lohmann and Schulz, 2000]. The set-up is described in further detail by Butzin
et al. [2005]. Model resolution is 3.5◦ on an Arakawa-E grid in the horizontal and 22 levels in the
vertical. The LSG model is calibrated in simulations of ∆14C [Butzin et al., 2005]. The ocean is
driven by ten-year averaged monthly fields of wind stress, surface air temperature, and freshwa-
ter flux which will be discussed below. A surface heat flux formulation based on an atmospheric
energy balance model permits that SSTs can freely adjust to ocean circulation changes [Rahm-
storf and Willebrand, 1995; Prange et al., 2003; Butzin et al., 2005]. The hydrological cycle is
closed by a runoff scheme which allows that Sea Surface Salinities (SSSs) can freely evolve. The
model uses an implicit method for the integration of the momentum equations with a time step
of one month, and it is integrated over 20,000 years to quasi steady-state conditions.
The forcing fields for the LSG are derived in simulations using the atmospheric circulation
model ECHAM3/T42 (carried out by Lohmann and Lorenz [2000] and Prange et al. [2004]),
which by itself is forced with prescribed values of glacial insolation, CO2, ice-sheet cover and
SSTs. We employ two different reconstructed glacial SST fields (see Chapter 4) for which
we make two experiments each. The first SST field is based on the CLIMAP reconstruction
[CLIMAP Project Members, 1981] with an additional cooling of 3◦C in the tropics between
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30◦N and 30◦S [Lohmann and Lorenz, 2000], which is used for scenarios CB (CLIMAP Basic
glacial) and CS (CLIMAP Southern Ocean freshwater changes). The second SST field is taken
from the Glacial Atlantic Ocean Mapping (GLAMAP) reconstruction (see Sarnthein et al. [2003]
and references therein) in the globally extended version of Paul and Scha¨fer-Neth [2003], which
is used for scenarios GB (GLAMAP Basic glacial) and GS (GLAMAP Southern Ocean fresh-
water changes). In addition to the atmospheric forcing provided by ECHAM3, scenarios CS and
GS feature a modified freshwater balance of the Southern Ocean which mimics additional brine
release due to enhanced northward sea ice export, as suggested by recent LGM climate model-
ing studies [Shin et al., 2003b; Schmittner, 2003]. This results in a very cold and very saline
abyssal Atlantic which is depleted in ∆14C [Butzin et al., 2005], and improves the agreement
with marine 14C records and with other marine proxy data evidence for the LGM (Adkins et al.
[2002]; see Lynch-Stieglitz et al. [2007] for a review). Experiment CB is not described further
as temperature, salinity and radiocarbon distributions of this run are unrealistic [Butzin et al.,
2005].
The study described in Chapter 7 is using glacial scenarios GB, GS and CS. In the study in
Chapter 9 only GB and GS are considered.
5.2 The Hamburg Oceanic Carbon Cycle circulation model
(HAMOCC), version HAMOCC2s
HAMOCC2s is used for simulating the distribution of δ13CDIC in the glacial ocean [Heinze and
Maier-Reimer, 1999; Heinze et al., 1999]. The model considers the dissociation of carbonic
acid and the borate buffer as well as particulate organic carbon, calcium carbonate, and opal.
In addition, HAMOCC2s includes a 10-layer sediment module (following Archer et al. [1993])
which accounts for chemical reactions of biogenic particulate matter with pore waters, diffusive
processes in pore and bottom waters, vertical sediment advection as well as sediment accumula-
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tion, and bioturbation. Input of terrigenous matter is prescribed by present-day dust deposition
[Andersen et al., 1998] and by global-mean, present-day weathering fluxes at the sea surface,
which are asymptotically approached by the integrated sediment accumulation during the model
run. There is no iron limitation in HAMOCC2s. The model is able to diagnose atmospheric CO2
as affected by processes in the ocean and yields a preindustrial concentration of 283 ppmV for
12CO2. We do not attempt to capture the carbon-isotopic response to glacial-interglacial carbon
cycle changes (e.g. in the terrestrial carbon pool, ocean alkalinity or the biological pump) but
seek to investigate the isolated effect of various glacial ocean overturning scenarios on marine
δ13C. For this reason all glacial model runs employ biogeochemical parameter settings identical
to pre-industrial time.
HAMOCC2s is driven by annual-mean thermohaline circulation fields provided by the LSG
ocean circulation model, which are used ’off-line’, i.e. the fields are used for tracer advection
without further dynamic computations (see England and Maier-Reimer [2001] for a review of
tracer modeling). HAMOCC2s adopts the spatial resolution of the LSG (see Figure 5.1 for a rep-
resentation of the horizontal resolution), but uses a different time step of one year. A parametrisa-
tion for convective mixing retains seasonality effects which would get lost otherwise [Heinze and
Maier-Reimer, 1999]. The total integration time for the experiments in HAMOCC2s is 70,000 -
100,000 years.
5.3 The foraminifera calcification model (FCM)
5.3.1 General model description
The FCM is a reaction-diffusion model of the carbonate system in seawater around an idealised
foraminiferal shell in spherical geometry. Wolf-Gladrow et al. [1999] developed the original
model version, which includes equations for total carbon (12C and 13C) only. It was intended
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Figure 5.1: HAMOCC2s grid resolution for the present-day (adapted from Heinze and Maier-
Reimer [1999]).
to simulate the distribution of carbonate species with distance from the shell of planktonic
foraminifera, for symbiont-bearing and symbiont-barren species, in dark and light conditions.
Carbon isotopes have been included in the model by Zeebe et al. [1999], which allows for the
simulation of the shell’s final δ13Cforam value. Boundary conditions are, on the one hand, set by
the bulk seawater conditions far away from the shell (outer boundary condition set at a distance
of ten times the shell radius), and, on the other hand, by the rates of exchange across the sim-
ulated shell surface (inner boundary condition, see Figure 5.2 for a schematic drawing of the
model geometry). Bulk seawater properties used as model input are temperature, salinity, pres-
sure, pH, δ13CDIC, δ13CPOC (the δ13C of particulate organic carbon, i.e. the foraminifer’s food,
which is important for respiration), and total alkalinity (TA). Foraminifer-specific model input
are respiration rate and calcification rate. Given these inputs, the model iteratively calculates the
concentrations of H+, OH−, CO2, HCO−3 , CO
2−
3 , B(OH)3 and B(OH)
−
4 as well as the δ
13C values
of the carbonate system species (CO2, HCO−3 , CO
2−
3 ) with distance from the shell, and the final
δ13Cforam. Concentration calculations are based on molecular diffusion, the reactions between
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Figure 5.2: Schematic representation of the foraminifera calcification model.
the different carbonate system species, and sources or sinks for certain chemical species at the
boundary of the modelled calcite shell (see Wolf-Gladrow et al. [1999] for details). The general
form of the equations for the concentration c(r, t) of a carbonate system species is:
0 =
∂c(r, t)
∂t
= Diffusion + Reaction + Uptake,
where r is the distance from the centre of the shell and t is time. The full diffusion-reaction
equations for total carbon (C = 13C + 12C) are [Wolf-Gladrow et al., 1999]:
For CO2:
0 =
DCO2
r2
d
dr
(
r2
d[CO2]
dr
)
+ (k−1[H+] + k−4)[HCO−3 ]
− (k+1 + k+4[OH−])[CO2] + fCO2res ,
(5.1)
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where DCO2 is the diffusion coefficient of CO2, r is the distance to the centre of the simulated
foraminiferal shell, and the reaction rate constants are ki.
Likewise for HCO−3 :
0 =
DHCO3
r2
d
dr
(
r2
d[HCO−3 ]
dr
)
+ k+1[CO2]− k−1[H+][HCO−3 ]
+ k+4[CO2][OH−]− k−4[HCO−3 ] + k+5[H+][CO2−3 ]− k−5[HCO−3 ]
(5.2)
For CO2−3 :
0 =
DCO3
r2
d
dr
(
r2
d[CO2−3 ]
dr
)
+ k−5[HCO−3 ]− k+5[H+][CO2−3 ] (5.3)
For H+:
0 =
DH
r2
d
dr
(
r2
d[H+]
dr
)
+ (k−5 − k−1[H+])[HCO−3 ] + k+1[CO2]− k+5[H+][CO2−3 ]
+ k+6 − k−6[H+][OH−] + k+7[B(OH)3]− k−7[H+][B(OH)−4 ]
(5.4)
For OH−:
0 =
DOH
r2
d
dr
(
r2
d[OH−]
dr
)
+ k−4[HCO−3 ]− k+4[CO2][OH−] + k+6 − k−6[H+][OH−] (5.5)
For B(OH)3:
0 =
DB(OH)3
r2
d
dr
(
r2
d[B(OH)3]
dr
)
− k+7[B(OH)3] + k−7[H+][B(OH)−4 ] (5.6)
For B(OH)−4 :
0 =
DB(OH)4
r2
d
dr
(
r2
d[B(OH)−4 ]
dr
)
+ k+7[B(OH)3]− k−7[H+][B(OH)−4 ] (5.7)
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For the 13C calculations, only the reactions for 13CO2, H13CO−3 and
13CO2−3 need to be con-
sidered [Zeebe et al., 1999]:
For 13CO2:
0 =
D13CO2
r2
d
dr
(
r2
d[13CO2]
dr
)
+ (k′−1[H
+] + k′−4)[H
13CO−3 ]
− (k′+1 + k′+4[OH−])[13CO2] + f
13CO2
res
(5.8)
For H13CO−3 :
0 =
DH13CO3
r2
d
dr
(
r2
d[H13CO−3 ]
dr
)
+ k′+1[
13CO2]− k′−1[H+][H13CO−3 ]
+ k′+4[
13CO2][OH−]− k′−4[H13CO−3 ] + k′+5[H+][13CO2−3 ]− k′−5[H13CO−3 ]
(5.9)
For 13CO2−3 :
0 =
D13CO3
r2
d
dr
(
r2
d[13CO2−3 ]
dr
)
+ k′−5[H
13CO−3 ]− k′+5[H+][13CO2−3 ] (5.10)
The kinetic rate constants for 13C (k′i) are used to take into account kinetic fractionation
effects (see Zeebe et al. [1999] for details). Temperature-dependent equilibrium fractionation
between the carbonate system species in bulk seawater are treated like in Zeebe et al. [1999].
The model is capable of simulating both HCO−3 and CO
2−
3 uptake.
5.3.2 Pressure dependence of dissociation constants
We are using the model in order to make sensitivity simulations for deep-sea benthic foraminifera
(see Chapter 8 and Hesse et al. [in review]). Since the model has so far only been used for
planktonic foraminifera living close to the sea surface, we introduced the dissociation constants’
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Acid −a0 a1 a2 × 103 −b0 b1
m3
mol
m3◦C mol
m3
◦C2mol
m3
Pa mol
m3
Pa ◦C mol
H2CO3 25.50 0.1271 3.08 0.0877
HCO−3 15.82 −0.0219 −1.13 −0.1475
B(OH)3 29.48 −0.1622 −2.608 2.84
H2O 25.60 0.2324 −3.6246 5.13 0.0794
HSO−4 18.03 0.0466 0.316 4.53 0.0900
Table 5.1: Pressure dependent coefficients for the dissociation constants of acids in seawater,
after Millero [1995]. For boric acid, a2 × 103 has been changed from 2.608 to −2.608 (m3 ◦C−2
mol−1) [Rae et al., 2011].
pressure dependence based on Millero [1995]:
ln
(
KPi
K0i
)
= −
(
∆Vi
RT
)
P + 0.5
(
∆κi
RT
)
P 2, (5.11)
where Ki is the dissociation constant for reaction i between two carbonate system species,
P the pressure in bars, R = 8.314 m3 Pa K−1 mol−1 the gas constant, T the absolute tempera-
ture in Kelvin, ∆Vi the associated molal volume change in (m3 mol−1), and ∆κi the associated
compressibility change in (m3 Pa−1 mol−1). The latter two are calculated as follows:
∆Vi = a0 + a1Tc + a2T
2
c (5.12)
and
∆κi = b0 + b1Tc, (5.13)
where Tc is temperature in ◦C and the coefficients are shown in Table 5.1. Additionally, we
could remove the original model’s symbiotic algae component, since deep-sea benthic foraminifera
do not host photosynthesising symbionts.
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5.3.3 Coupling to HAMOCC2s
In order to calculate the bulk concentrations of the different carbonate system species, the FCM
takes the following input parameters from the HAMOCC2s output: temperature, salinity, pres-
sure, total alkalinity or DIC, pH, δ13CDIC, and δ13CPOC.
Chapter 6
Sediment core δ13C data
Drilling sediment cores and analysing the sedimentary material in them is a long established
technique that marine geologists use to assess palaeoclimate. As more and more cores have
been drilled and analysed over the years, the spatial coverage across the world’s oceans has
increased substantially, especially in the Atlantic Ocean. This is a welcome development for
the climate modelling community as it means that there are more, and more widely distributed
observational data available that can be compared to climate models. Since measuring δ13C
values of foraminiferal shells is a common procedure when analysing sedimentary material, lots
of δ13C records are available. So in order to be able to compare model output to observations
(see Chapters 7 and 9), we established a database of δ13C values in the Atlantic Ocean.
We combined carbon isotope data from various compilations (Sarnthein et al. [1994], Bickert
and Mackensen [2004], Curry and Oppo [2005], Marchal and Curry [2008]), and from the PAN-
GAEA and National Climatic Data Center databases (http://www.pangaea.de and
http://www.ncdc.noaa.gov/paleo). As far as possible the original authors within the compilations
were traced back and referenced. We only considered sediment cores containing C. wuellerstorfi
which is known to be the most reliable recorder of δ13CDIC in the ocean [Woodruff et al., 1980;
39
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Belanger et al., 1981; Zahn et al., 1986; Hodell et al., 2001]. Some cores include a few other ben-
thic species (Planulina ariminensis or C. kullenbergi), which are also used as they are thought to
have an epibenthic habitat, too [Lutze and Thiel, 1989].
For each core we calculated the average δ13C value of the Late Holocene (LH) and LGM
time slice (see below). Phytodetritus corrections like those used in Bickert and Mackensen
[2004] were not applied to any of the data. We corrected the depth at which sediment cores
were drilled by 120 meters in order to account for changes in sea level at the LGM [Fair-
banks, 1989]. The final dataset is shown in Table 6.1 and available at the PANGAEA database
(doi:10.1594/PANGAEA.758334).
To test whether δ13CDIC = δ13Cforam we used sediments from the LH (0-4 ka BP1). Although
there is evidence for variations in δ13C during the Holocene period [Oppo et al., 2003], our LH
dataset compares well with δ13CDIC measurements taken from GEOSECS and collected in the
Global Ocean Data Analysis Project (GLODAP). Calculations on a subset of 58 cores in this
period yielded an average standard deviation of δ13C of 0.16h VPDB (see Section 7.1).
Here our definition of the LGM extends from 18-24 ka. Previously, authors have used dif-
ferent time constraints for the LGM, e.g. Curry and Oppo [2005] considered data from 18 to 21
ka BP (following the maximum positive peak in δ18O), whereas Bickert and Mackensen [2004]
used the time interval from 19-23 ka BP (i.e. the glacial sea level lowstand [Mix et al., 2001]).
Other authors extended this range even further to 24 ka [Ninnemann and Charles, 2002] or 26.5
ka [Clark et al., 2009]. Calculations on a subset of 64 cores (from PANGAEA) show that the
average standard deviation of δ13C within the cores used is 0.15h VPDB for the 18-24 ka range.
Since this only represents a minor δ13C variation during the LGM we believe that our definition
is justified. Age models for each core were taken from the original investigator(s).
1BP = before present; present = 1950
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Chapter 7
A model-data comparison of δ13C in the
glacial Atlantic Ocean
The study in this chapter is testing in numerical sensitivity experiments which AMOC scenario
could be reconciled with observed modern and past δ13C distributions in the Atlantic Ocean, and
infering the climatic conditions and processes acting in the Atlantic Ocean during the LGM. For
doing so, we compare three different LGM scenarios with a δ13C dataset of 220 sediment cores.
The models used are the LSG ocean circulation model and the HAMOCC2s carbon cycle model
as described in Chapter 5. The δ13C dataset is further described in Chapter 6.
The model-data comparison was done in three steps: First, the control simulation was com-
pared to LH data. For comparing the sediment data with the model output, we found the model
grid point that is closest to a sediment core and compared the two δ13C values. Cores that were
not within 500 km (meridionally), 1100 km (zonally) and 500 m depth of a model grid point
were removed from the comparison, leaving 201 cores. One model grid point may correspond
to more than one sediment core. The spatial limits of the comparison were chosen, such that we
could impose reasonable oceanographic boundaries whilst at the same time keeping a maximum
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number of sediment cores (note that the limits for the control run δ13C to LH δ13Cforam com-
parison are different from that of the present-day δ13CDIC to LH δ13Cforam comparison below).
Second, we compared the absolute values of both, the LGM model runs and the LGM sediment
data. Third, we looked at the δ13C differences (anomalies, or ∆δ13C) between our control run
and the three glacial runs, and compared them to the difference between LH and LGM sediment
data.
7.1 Comparison of δ13CDIC data and Late Holocene sediment
data
In order to estimate the uncertainty in LH δ13Cforam values, we considered the δ13CDIC values
as compiled by Kroopnick [1985] and measurements by P. Quay (University of Washington,
collected in the GLODAP v1.1 bottle data set [Key et al., 2004; Sabine et al., 2005]). We cal-
culated the Root Mean Square (RMS) difference between each DIC measurement which falls
within a box of 500 km (meridionally) by 750 km (zonally) horizontally, by 250 m depth away
from a sediment core measurement. These limits maximise the amount of data points, while at
the same time ensuring reasonable oceanographic boundaries. The average RMS differences for
the remaining 173 (GLODAP) and 200 (GEOSECS) measurements are 0.15 and 0.18h VPDB,
respectively.
Figure 7.1 shows GLODAP δ13C bottle data overlaying control run δ13C as well as the δ13C
difference between control run and both, GLODAP data, and LH foraminifera. Model δ13C
values in the surface ocean and in the North Atlantic are higher compared to GLODAP. The
control run underestimates the DIC measurements at intermediate depths around 1000 meters in
the South Atlantic. This discrepancy will be addressed in detail below.
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Figure 7.1: (a) Control run with GLODAP δ13CDIC bottle data overlay along the WHP A16
section, and (b) the difference in δ13C between the control run and both, GLODAP δ13CDIC
(circles), and Late Holocene δ13Cforam values (diamonds).
7.2 Model-data comparison results
Results are presented along four sections. We consider two meridional sections, one in the East
Atlantic, the other in the West Atlantic with the Mid-Atlantic Ridge being the dividing line (see
Figure 7.2). Two zonal sections (see Appendix B) run in the North Atlantic at approximately
37.5◦N (the section line follows World Ocean Circulation Experiment Hydrographic Programme
(WHP) section A3) and the South Atlantic at 30◦S (WHP section A10).
7.2.1 Control run
The AMOC of our control run shows a maximum positive overturning strength of 16 Sv at a
depth of 1 km between 20-50◦N (Figure 7.3a). There is a sharp gradient in flow strength above
the Greenland-Scotland Ridge at 67◦N. Negative transport rates are associated with inflow of
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Figure 7.2: Sediment cores and section lines used in this study. Red dots (black diamonds) show
core locations with Last Glacial Maximum (Late Holocene) δ13C values. Meridional sections in
the East and West Atlantic integrate data selected from east and west of the Mid-Atlantic Ridge,
respectively. Zonal section lines and the area from which data are used in the North and South
Atlantic are indicated in yellow (Figures S2 and S3 in supplementary material).
southerly-sourced water masses. CO2 concentrations for the control run are at 283 ppmV.
The control run shows three distinct δ13C signatures in the Atlantic Ocean (see Figure 7.4):
high δ13C water extends from the North Atlantic into the South Atlantic down to 40◦S, the main
signal being at depths between 1.5-3.5 km. Low δ13C water dominates the Southern Ocean and
reaches as far north as the equator at a depth of 4 km. Another low δ13C signature is observed
at depths of around 1 km in the Southern Ocean, which extends northward to 20◦N. The zonal
section in the South Atlantic (see Appendix B, Figure B.1) shows that a relatively high δ13C body
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Figure 7.3: Meridional overturning circulation in the Atlantic Ocean (AMOC) for the control run
(a) and LGM runs CS, GB, and GS (b to d, see Chapter 4 for a description). Numbers are volume
transport rates in Sv (106 ms−1).
Figure 7.4: (a) Control run with Late Holocene δ13Cforam data overlay for the West Atlantic, and
(c) the difference between control run δ13C and Late Holocene δ13Cforam. (b, d) like in (a, c), but
along the East Atlantic section. Positive numbers in (c, d) indicate model δ13C values that are
higher than Late Holocene δ13Cforam values.
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dominates the western South Atlantic at a depth of 2.5 km, whereas in the eastern South Atlantic
lower δ13C water is more widespread.
The difference plots between control run and LH sediment values (Figures 7.4 and B.1)
show that the control run yields lower δ13C values than the sediment cores in most of the South
Atlantic, but especially in the upper 2 km south of 20◦S. There, the average difference is 0.52h
VPDB. In the North Atlantic model values are both, lower and higher than the sediment core
δ13C. The difference, however, is small and rarely exceeds 0.2h VPDB.
7.2.2 LGM runs
Presented are the results of the AMOC for the three LGM runs. Scenario CS shows a shoaled and
weakened AMOC (see Figure 7.3b) compared to the control run. Maximum positive overturning
is about 8 Sv at a depth of 500 m and between 20-40◦N. In contrast, southerly-sourced waters are
more widespread south of the equator at depths between 2-3 km. Scenario GB is characterised
by strong, basin-filling transport of northerly-sourced waters (Figure 7.3c), with its maximum
positive overturning (14 Sv) between 500-1000 m and 20-40◦N. Negative overturning is only
observed near the ocean floor and is nowhere stronger than 2 Sv. Scenario GS, finally, yields a
shoaled positive AMOC cell with a maximum strength of 12 Sv centred between 400-900 m and
at 20-40◦N. The upper 1.5 km of the ocean basin are in the positive AMOC regime. Negative
overturning is slightly stronger (6 Sv) than for CS, and it extends further north. As already
mentioned in Chapter 5, HAMOCC2s can also diagnose atmospheric CO2. The associated CO2
concentrations (in ppmV) are 273 (GB), 244 (GS) and 225 (CS). The reduction is mostly due to
increased formation of proto-AABW. It is beyond the scope of the study, however, to discuss the
CO2 concentrations in more detail.
All LGM runs show a similar large-scale pattern in the distribution of δ13CDIC: the surface
ocean contains the highest values, and the deep South Atlantic contains the lowest. CS shows the
strongest meridional and vertical gradient in δ13C values in the Atlantic Ocean (Figure 7.5 and
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Figure 7.5: East Atlantic section: (a) CS δ13C with LGM δ13Cforam data overlay, and (b) model-
data differences. In (b): Positive numbers indicate model δ13C values that are higher than
δ13Cforam values. (c, d) and (e, f) like in (a, b), but for model runs GB and GS, respectively.
Figure 7.6). In GS the gradient is reduced slightly, whereas in GB the δ13C gradient is similar to
that of the control run. All LGM runs show a prominent water body at intermediate depths in the
southern East Atlantic with very low δ13C values (from−0.4hVPDB in GB to less than−0.5h
VPDB in CS, see Figure 7.5). All runs also show a more or less pronounced tongue of low δ13C
water at depths of 750-1000 m in the western South Atlantic (Figure 7.6 and Figure B.3).
In CS high δ13C values (greater than 1h VPDB) reach down to depths of 1.5 km in the
eastern North Atlantic north of 40◦N. For the western North Atlantic this high δ13C body extends
even further south to 20◦N (Figure 7.6a). Conversely, low δ13C (less than 0h VPDB) dominates
the deep western South Atlantic below depths of 3 km reaching as far north as 50◦N, whereas in
the eastern Atlantic, south of 10◦N low δ13C fills the entire ocean basin below 1 km water depth
(see Figure B.3a in Appendix B).
In GB the entire North Atlantic north of 40◦N is dominated by high δ13C, which extends
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Figure 7.6: Like Figure 7.5, but along the West Atlantic section.
south to 15◦N in the western North Atlantic. Values of δ13C below 0h VPDB only exist in the
western South Atlantic below 2 km water depth and south of 35-40◦S, and in the intermediate
eastern South Atlantic (Figure 7.5c).
GS shows δ13C values higher than 1h VPDB in the North Atlantic in the upper 1.5 to 2
km extending south to 30◦N in the eastern Atlantic, and to 10◦N in the western Atlantic (cf.
Figure 7.5e and Figure 7.6e). Low δ13C values take up the western Atlantic below depths of 3
km reaching as far north as 8◦N. Conversely, in the eastern Atlantic south of 8◦N δ13C is lower
than 0h VPDB everywhere except for the upper 1 km of the water column.
The correlation coefficient r between δ13C values of the three model runs and the glacial
sediment core data is 0.72 for CS, 0.31 for GB, and 0.76 for GS. The RMS difference between
model scenario and sediment data yields 0.70, 1.06 and 0.68h VPDB for CS, GB and GS,
respectively. The Taylor diagram [Taylor, 2001] summarises the correlation coefficients and
centred RMS differences for different areas of the Atlantic Ocean (Figure 7.7).
7.2 Model-data comparison results 55
Figure 7.7: Taylor diagram [Taylor, 2001] showing the correlation coefficients (along the arc)
and the centred RMS differences (gray solid arcs of circles) for the three LGM scenarios and
different Atlantic regions when compared to the LGM δ13Cforam data. The number of data points
included in each sub-area is given by n. The normalised standard deviation is a measure for δ13C
variance in the model with respect to the observations.
In the North, West, and East Atlantic δ13CGS correlates strongest with the sediment data (r
= 0.82, 0.78, and 0.73, respectively). In the South Atlantic r is lower than 0.30 for all model
scenarios. The GB correlation coefficient is nowhere greater than 0.35.
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Figure 7.8: East Atlantic ∆δ13C plots (anomalies): (a) difference between LH and LGM sed-
iment data, (b to d) differences between control run and CS, GB, and GS, respectively. Sedi-
ment data indicate a strong ∆δ13C gradient between the surface/intermediate ocean and the deep
ocean. Gray dash-dotted lines in (b) and (d) are zero-lines which are based on observations (a).
Figure 7.9: Like Figure 7.8, but along the West Atlantic section.
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7.2.3 ∆δ13C - differences between LH and LGM sediments, and
differences between control run and LGM runs
The ∆δ13C plot for the sediment data (Figure 7.8a) shows that the LH δ13C data are more negative
than the LGM data in the northern Atlantic at depths above 1.5 to 2 km, but are more positive in
all areas below 2 km waterdepth. The δ13C values in the top 2 km in the eastern South Atlantic
are similar for the two time slices. The maximum positive anomaly for GB is in the central
Atlantic Ocean between 40◦N and 40◦S and depths between 500 m and 2500 m (up to 0.5h
VPDB). Negative anomalies (values of −0.3h VPDB) are present in the tropical and North
Atlantic surface ocean as well as at depths below 3 km north of 20◦S. CS anomalies are most
negative in the upper 1250 m of the North Atlantic (−0.6h VPDB), but positive below 1500 m
water depth. Positive anomalies are strongest in the deep North Atlantic (up to +1h VPDB),
whereas they are weaker in the deep South Atlantic (+0.5h VPDB). Anomalies are zero south
of 40◦S at depths above 1.5 km. GS anomalies are similar in magnitude to CS anomalies, but
less pronounced: negative anomalies in the North Atlantic above depths of 1500 m and in the
tropical surface ocean, and positive anomalies in most of the remaining ocean basin. Maximum
positive values are found in the deep North Atlantic and the mid-depth tropical Atlantic (+0.7h
VPDB), lower ones in the deep South Atlantic (+0.4h VPDB).
7.3 Model-data comparison discussion
7.3.1 Control run
The control run captures the general δ13C features observed in the water column of the present-
day Atlantic and in LH sediment cores. Compared to GLODAP, control run δ13C values are
higher in the North Atlantic. This is most likely explained by the Suess effect, which has re-
cently been shown to penetrate down to 2500 meters depth and southwards to 30◦N in the North
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Atlantic [Olsen and Ninnemann, 2010]. Two cores near the Bahamas by Slowey and Curry
[1995], OCE205-33GGC and OCE205-100GGC, have higher δ13C values than are seen in the
control run. GLODAP δ13CDIC measurements, however, contradict such high δ13Cforam values.
The control run correlates very well with LH sediment data in the Northern Atlantic (see Fig-
ure 7.4), but underestimates the observations in some areas of the South Atlantic. Model δ13C
values in the upper 500-2000 meters in the South Atlantic are lower than foraminiferal δ13C by
more than 0.5h VPDB. This seems to be a general model problem, that is also present in the
glacial model scenarios (see below).
An altered Redfield stoichiometry for Southern Ocean and Antarctic surface and intermediate
depth waters (as suggested by Zahn and Keir [1994] or Lynch-Stieglitz et al. [1995]) could be
the source for the lower-than-observed Antarctic Intermediate Water (AAIW) δ13C in the model.
Zahn and Keir [1994] argued that isotopically depleted CO2(aq) readily enters the atmosphere once
the upwelled waters come into contact with the sea surface. At the same time nutrients are not
taken up by photosynthesis to such a degree that would ensure a constant Redfield stoichiometry,
which in turn would lead to higher-than-expected δ13C values for AAIW.
Following Broecker and Maier-Reimer [1992] and Lynch-Stieglitz et al. [1995] we inves-
tigate the contribution of the air-sea exchange (δ13Cas) to the carbon isotopic composition of
surface water by removing the biological component from the total modeled or observed δ13C
signal:
δ13Cas = δ13C− (2.7− 1.1× PO4),
where PO4 is the phosphate concentration in µmol kg−1. Our control run yields positive values
of δ13Cas in the AAIW formation area, which indicates that the isotopic signature of our modeled
AAIW is substantially influenced by isotopic air-sea fluxes (Fig. B.4, Appendix B). However,
our model values of δ13Cas (about 0.2hVPDB) are significantly smaller than observations (of up
to 1h VPDB according to Mackensen et al. [1996]) which suggests that our carbon cycle model
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underestimates the isotopic air-sea exchange in the AAIW formation area. This is probably
due to the air-sea exchange formulation in the model which does not explicitly depend on the
wind speed, but employs a globally averaged gas transfer velocity value. This model deficit is
also corroborated by the results from a numerical sensitivity study carried out by Broecker and
Maier-Reimer [1992] who (employing an earlier version of our model) found that by doubling
the air-sea exchange rate of CO2 the δ13C values in the formation region of AAIW would increase
by 0.4h VPDB.
7.3.2 LGM runs
The model-data difference plots (Figure 7.5 and Figure 7.6) indicate that model results are sys-
tematically higher than observations in the deep South Atlantic and along the North American
coast.
In the deep Southern Ocean south of 40◦S GS simulates δ13C values that are higher by 0.23 to
0.84h VPDB than a whole suite of sediment cores (PS1745-3 and PS2082-1 [Mackensen et al.,
1994], TTN057-6 [Hodell et al., 2003], RC15-93, RC15-94, TN057-21 and V22-108 [Ninne-
mann and Charles, 2002], see Figure 7.5 and 7.6). The δ13C values in the cores reported by
Ninnemann and Charles [2002] are based on both C. wuellerstorfi and C. mundulus. Hodell et al.
[2001] showed that C. kullenbergi (which is the same species as C. mundulus [Yu et al., 2008])
records systematically lower δ13C values than C. wuellerstorfi. Extrapolating the δ13Ckullenbergi
data scatter to −0.80h VPDB suggests a δ13Cwuellerstorfi ≈ 0h VPDB (see Hodell et al. [2001]’s
figure 1). Some of the difference seen in the model-data comparison could therefore be taken
up. Another possible influence is the phytodetritus effect [Mackensen et al., 1993], which causes
foraminifera to record lower-than-expected δ13C values, typically explaining 0.4h. Cores that
lie close to an oceanic front are potentially affected. The coarse model resolution does not
permit to capture steep oceanographic gradients such as oceanic fronts, which may also partly
explain the model-data offset in the Southern Ocean. LGM reconstructions of oceanic fronts
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in the Southern Ocean by Gersonde et al. [2003, 2005] suggest that the Polar Front (PF), the
Sub-Antarctic Front (SAF) and the Sub-tropical Front (STF) shifted northwards by 3-5◦. Careful
comparison of the frontal positions with the locations of the relevant cores shows that PS1745-
3 and RC15-93 fall exactly on the reconstructed PF, whereas PS2082-1 and TTN57-6 coincide
with the reconstructed SAF. Cores RC15-94 and V22-108 fall in between the reconstructed PF
and SAF, TN057-21 lies between the reconstructed SAF and STF. Since oceanic fronts mean-
der about their mean position, the latter cores may also be affected by the phytodetritus effect.
Hence, both factors, measurements on epibenthic species other than C. wuellerstorfi and changes
in frontal positions with the associated phytodetritus effect, may explain model-data differences
in the deep Southern Ocean.
In the western North Atlantic below 4 km and between 20-30◦N there are four cores which
have δ13C values that are lower than GS by 0.40 to 0.62h VPDB (KNR140-12JPC, KNR140-
22JPC and KNR140-28GGC [Keigwin, 2004], EN120-1GGC [Boyle and Keigwin, 1987], see
Figure 7.6). The horizontal flow fields of model runs CS and GS (not shown) reveal an AABW
influx in the deep western North Atlantic. The model δ13C signal, however, is still too high.
Keigwin [2004] stresses that measurements of Holocene δ13C values in this location below 3
km do not agree with present-day DIC measurements, which may point towards yet unknown
problems with these cores.
There are also areas where model results indicate lower δ13C values than observational δ13C
values. This is particularly true for the intermediate depth South East Atlantic, the Brazil margin
cores, the central North Atlantic (see Figure B.2, Appendix B), and the central South Atlantic at
3 km water depth.
In the South East Atlantic all model scenarios (including the control run) yield lower δ13C
values by about −1h VPDB compared to the sediment data (175-1087A [Pierre et al., 2001],
175-1085A (given as ODP1085A in Bickert and Mackensen [2004]), IOW226920-3 [Mollen-
hauer et al., 2002], and KW-31 [Sarnthein et al., 1994]). Sediment δ13Cforam data are consis-
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tently higher than any model simulation δ13C, and model results of temperature and salinity (not
shown) do not point towards any anomalous water mass here. The low model δ13C is likely to be
an artefact which may partly be caused by underestimation of carbon isotope air-sea exchange in
the formation region of AAIW (see control run discussion above). For the LGM scenarios this
misrepresentation might be exacerbated due to generally stronger and seasonally more varying
glacial winds, which may cause the anomalously low δ13C signal in the South East Atlantic. One
might also speculate about a Mediterranean influence: Zahn et al. [1987] find that Mediterranean
Outflow Water (MOW) has a δ13C signature that was higher during the LGM (greater than 1.6h
VPDB) when compared to today (1.3hVPDB). Bickert and Mackensen [2004] show that MOW
extends southwards after leaving the Strait of Gibraltar. It cannot be verified, however, that MOW
extends further south than 10◦N at depths above 2500 meters, as there are no sediment cores at
these depths away from the continental slope. Moreover, the difference in MOW δ13C between
today and the LGM is small (0.3h VPDB) compared to the difference seen in the model-data
comparison in the mid-depth South East Atlantic (1h VPDB). There is no Mediterranean in our
LGM set-up.
Most of the Brazil margin cores of Curry and Oppo [2005] between 25-35◦S contain δ13C
values that are higher by up to 0.60h than model values in GS (e.g. CHN115-70PC, CHN115-
89PC, or CHN115-91PC, see Figure 7.6f). The same data-model difference holds for the LH data
and our control simulation (Figure 7.3c). The most likely culprit is again poor carbon isotope
air-sea exchange in the model (see control run discussion above), which is likely to be more
pronounced in our LGM runs. Additionally, upwelling of NADW-derived waters south of Cape
Frio would introduce much higher δ13C values [Acha et al., 2004], but the model cannot resolve
such local upwelling features.
Several cores in the central North Atlantic between 25-40◦W and at 2-3.5 km water depth are
enriched in 13C with respect to either GS or CS (e.g. CHN824115 [Boyle and Keigwin, 1987],
or T86-15P [Sarnthein et al., 1994]) with δ13C values relative to GS that are higher by 0.42 to
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0.66h VPDB (see Figure B.2 in Appendix B). This points towards a model NADW flowpath
that is too shallow in the central North Atlantic.
Analogously, there are four cores in the central South Atlantic by Bickert and Mackensen
[2004] for which scenario GS simulates δ13C values that are lower than observations by 0.58 to
0.88h VPDB (GeoB3808-6, GeoB5115-2, GeoB5121-2, and GeoB2016-1). Again, one may
speculate about a NADW signal in the sediments that neither model scenario captures as model-
NADW is shoaling too much. Additionally, the model problems seen in the South East Atlantic
may contribute by extending into the central South Atlantic.
7.3.3 ∆δ13C - differences between LH and LGM sediments, and
differences between control run and LGM runs
The ∆δ13C plots in Figure 7.8 and 7.9 have the advantage that systematic errors such as constant
offsets in δ13C values in the sediments due to, e.g. upwelling, or model artefacts such as the
one seen in the South East Atlantic, are reduced. Scenario GB performs poorly when compared
to the sediment data (Figure 7.8a, c and 7.9a, c). ∆δ13C is similar in both CS and GS. For the
sediments the ∆δ13C = 0 line lies close to 2 km water depth. The same holds for GS, but not
for CS, where the zero-line is above 1.4 km water depth (Figure 7.8b and 7.9b). In addition,
the average sediment ∆δ13C signal below 2 km water depth is less than 0.75h VPDB, which is
similar to GS. In CS this value is mostly above 0.75h VPDB. This further strengthens the good
agreement of scenario GS with the observations. The sediment cores south of 40◦S are only
affected by frontal upwelling during the LGM and not during the LH (see above). Therefore, the
effect is not systematic, and the high ∆δ13C in the sediments comes as no surprise.
The differences between our three model scenarios are summarised in Figure 7.7. Scenarios
GS and CS both correlate very well with the sediment data. GS, however, correlates better in
the North, West and East Atlantic. Additionally, the variance in GS is closer to that of the
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reconstructions. Scenario GB performs poorly in the model-data comparison.
The altered fresh water balance in the Southern Ocean which is employed in both, GS and
CS, seems to be a crucial feature in our LGM simulations. It is caused by (1) enhanced northward
sea ice export and melting away from the sea ice production zone, which in turn causes (2) a rel-
ative increase in brine rejection when new sea ice is forming. The overturning cell in the North
Atlantic is shoaling and weakening for both scenarios, indicating another important LGM fea-
ture (Figure 7.3). The strength of the positive overturning cell, however, is less well constrained:
12 Sv for GS contrast with only 8 Sv for CS, although both scenarios show a good fit for the
North Atlantic. This significant difference in the response of the model to the two different SST
reconstructions deserves further explanation. It is important to note that the SST reconstructions
have an impact on atmospheric wind patterns and evaporation/precipitation patterns that the at-
mospheric model generates, which in turn have an impact on freshwater and heat fluxes into the
ocean, ocean circulation, and air-sea gas exchange (see also Romanova et al. [2004]). Scenario
GS, for instance, has surface waters south of Iceland that are saltier by more than 2 PSU when
compared to CS (not shown). This causes stronger downwelling and is very likely the reason for
the more rigorous AMOC in scenario GS compared to CS. Since δ13C is not a purely kinemati-
cal tracer, it can only be used to reconstruct the geometries of water masses. The strength of the
overturning cell cannot be assessed.
7.3.4 Relation to previous studies
Previous model-data comparisons have either used a much reduced number of observations, or
not employed a three-dimensional OGCM. Winguth et al. [1999] used ad-hoc circulation fields
and a limited amount of mostly East Atlantic observations. Their glacial first guess scenario
yields a reduced North Atlantic overturning circulation, which is compensated for by an in-
creased influx of Southern Ocean deep waters. This result is similar to what we find for scenario
GS, but there are conceptual differences. Winguth et al. [1999] prescribed estimated salinity
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fields which were additionally modified in high latitudes to reduce the model-data misfit. In our
model setup, salinity is a fully prognostic variable, which is physically more consistent.
Tagliabue et al. [2009] employ an OGCM and a biogeochemistry model forced by different
LGM boundary conditions. Their model scenario that agrees best with observations (CircA) has
a reduced ventilation in the North Atlantic and reduced AABW export. Their increased AABW
export scenario (CircB) does not agree well with observations. This is the opposite of what our
δ13C model results show: our two best fitting scenarios arrive at increased AABW export from
the Southern Ocean. Since increased AABW inflow into the North Atlantic is also supported by
radiocarbon, grain size, and 231Pa/230Th studies [Robinson et al., 2005; Hall et al., 2011; Negre
et al., 2010] we believe that our GS and CS model scenarios are well suited to describe the LGM
Atlantic Ocean state.
So far most modeling studies have focused on changing the freshwater balance in the North
Atlantic [Roche et al., 2007; Kageyama et al., 2009; Otto-Bliesner and Brady, 2010], with mixed
successes regarding the integrity with observational data. Changes in freshwater production in
the Southern Ocean [Adkins et al., 2002] have attracted comparatively less attention, but seem
to be important [Stocker et al., 1992; Fichefet et al., 1994; Winguth et al., 1999; Seidov et al.,
2001; Shin et al., 2003b; Schmittner, 2003; Butzin et al., 2005]. Schmittner [2003] increased
rates of sea ice formation and northward export while keeping the AMOC strength at present-day
levels. This resulted in saltier and denser AABW, increased its formation rate, and led to a higher
consistency with reconstructions of glacial bottom water properties. Shin et al. [2003a] modeled
enhanced northward sea ice export in the Southern Ocean in a fully coupled ocean-atmosphere
circulation model and arrived at a shoaled and weakened AMOC. Butzin et al. [2005] found that
modeling radiocarbon in the glacial ocean with a changed freshwater balance in the Southern
Ocean agrees best with observations. Our study with its widespread collection of δ13C values
puts these modeling efforts on a more comprehensive observational base and further highlights
the Southern Ocean’s role in influencing global glacial climate.
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7.4 Model-data comparison conclusions
The objective of this study is to test in numerical sensitivity experiments which AMOC scenario
could be reconciled with observed modern and past δ13C distributions in the Atlantic Ocean, and
to infer the climatic conditions and processes acting in the Atlantic Ocean during the LGM. We
have assembled a δ13C dataset of 220 sediment cores that we compare to three different LGM
model scenarios.
The model scenario that best correlates with observations (r = 0.76) has a shoaled positive
overturning circulation in the North Atlantic that is reduced by 40% compared to the present-
day. Northward AABW flux is intensified. This scenario (GS) is based on GLAMAP SSTs
and employs an altered freshwater balance in the Southern Ocean that mimics increased sea ice
export and melting at latitudes between 50-55◦S, north of the sea ice production zone.
GS correlates best in the northern (r = 0.82), western (0.78) and eastern Atlantic (0.73), with
a δ13C variance that is close to the observed δ13Cforam variance. Scenario CS, which is forced by
CLIMAP SSTs, also uses an altered freshwater balance in the Southern Ocean, and has a weak
AMOC. It performs slightly worse than GS in all Atlantic sub-areas, and also with regard to the
variance. Our glacial base scenario GB with its strong AMOC similar to the present-day does
not agree with observations.
Some differences between model and sediment data δ13C values can be explained by local
effects (e.g. upwelling) and known model deficiencies. In particular, the poor representation of
carbon isotope air-sea exchange in the AAIW formation region due to globally averaged wind
fields in the carbon cycle model causes lower-than-observed δ13C model values. An implemen-
tation of seasonally varying wind patterns in the carbon cycle model as well as higher model
resolution in critical areas such as near oceanic fronts is therefore desirable.
Our results further corroborate that the AMOC cell shoaled to less than 2000 meters water
depth during glacial times. By how much the positive AMOC strength weakened cannot be es-
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tablished, because different boundary conditions and overturning strengths, as found in GS and
CS, yield similar results for δ13C. GS with its more recent GLAMAP reconstruction shows an
AMOC weakening to 12 Sv, which is a reduction by 40% compared to its present-day strength.
The increased negative AMOC at depth in scenarios GS and CS is in line with and further sup-
ports recent 231Pa/230Th and grain size studies [Negre et al., 2010; Hall et al., 2011]. Our findings
further underline that the Southern Ocean’s fresh water balance might play a key role in explain-
ing the glacial ocean.
Chapter 8
Modelling δ13C in benthic foraminifera:
insights from model sensitivity experiments
This chapter presents a study that assesses the impact of different physical, biological and carbon-
ate chemistry processes on benthic δ13Cforam values by performing model sensitivity experiments.
We highlight some of the uncertainties in δ13Cforam values and put some upper limits on their ex-
tent. For that we employ an adapted version of the foraminifera calcification model developed
by Wolf-Gladrow et al. [1999] and Zeebe et al. [1999]. The model and its adaptation to benthic
foraminifera is described in detail in Chapter 5.
8.1 Methodological approach
8.1.1 Model input parameters
First, we performed sensitivity simulations for different external bulk parameters. These param-
eters are δ13CDIC, temperature, salinity, pressure, δ13CPOC, pH, and TA. Second, we varied pa-
rameters related to the foraminifer, i.e. respiration rate and calcification rate. When varying one
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parameter all other parameters where kept constant at generic deep-sea values (see Table 8.1).
There are only few measurements of vital rates in benthic foraminifera. We chose our stan-
dard respiration rate of 0.41 nmol CO2 h−1 based on laboratory measurements by Nomaki et al.
[2007] on C. wuellerstorfi, taken from a depth of 1430 m. This respiration rate lies at the up-
per end of rates measured for benthic foraminiferal species [Hannah et al., 1994; Nomaki et al.,
2007; Geslin et al., 2011], but is one of the few measurements on deep-sea species. Our standard
calcification rate of 0.28 nmol C h−1 is based on in-culture measurements by Glas et al. [2012]
on Ammonia sp. (Bru¨nnich 1772), a shallow-water symbiont-barren benthic species. To our
knowledge this represents the only calcification rate measurement on benthic foraminifera.
Parameter Units Value
Temperature ◦C 1.3
Salinity 34.7
Pressure bar 300
pH 7.9
δ13CDIC h 0.5
δ13CPOC h −21.9
Total Alkalinity (TA) µmol kg−1 2400
Radius µm 200
Surface area µm2 5.03× 105
Volume µm3 3.35× 107
Biovolumeα µm3 2.51× 107
Biomassβ µg C 2.51
Respiration Rate (RR) nmol CO2 h−1 0.41
RR per biovolume nmol CO2 h−1 µm−3 1.63× 10−8
RR per biomass nmol CO2 h−1 (µg C)−1 0.16
Calcification Rate (CR)γ nmol CO2−3 h
−1 0.28
CR per surface area nmol CO2−3 h
−1 µm−2 5.57×10−7
α Volume-to-biovolume conversion factor of 0.75 based on
Hannah et al. [1994] and Geslin et al. [2011].
β Biovolume-to-biomass conversion factor of 10−7 (µg C) µm−3, based
on average of Turley et al. [1986] and Michaels et al. [1995].
γ Also applies to uptake of HCO−3 .
Table 8.1: Standard model parameters used in this study.
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8.1.2 Combined scenarios: the glacial, phytodetritus layer
The scenarios considered in this study are a control scenario for a generic deep ocean setting,
a glacial scenario and a phytodetritus layer environment scenario. The changes in the different
model parameters associated with the scenarios are shown in Table 8.2. Changes in δ13CDIC are
not considered, since the model faithfully records those changes in the shell’s final δ13Cforam (see
Section 8.2.1). Here we focus on the remaining parameters, which are less well studied.
For our glacial scenario we changed three parameters: temperature from 1.3◦C to −1.95◦C
[Clark et al., 2009], pH from 7.9 to 8.0 [Ho¨nisch et al., 2008], and δ13CPOC from −21.9h to
−26.9h. The lowering of δ13CPOC by 5h is based on changes in SSTs for the LGM from the
MARGO dataset [Waelbroeck et al., 2009] combined with our own estimates of the associated
changes in δ13CPOC [Rau et al., 1989; Goericke and Fry, 1994].
Unfortunately, not much is known about phytodetritus layers on the sea floor. The most ex-
tensive review by Beaulieu [2002] has only limited information on chemical composition of these
layers. Beaulieu [2002] cites a few measurements of δ13CPOC ranging from−24h in the Atlantic
sector of the Southern Ocean to −31h in the Mediterranean Sea. Furthermore, she reviews the
availability of measurements on organic material, C:N ratios and inorganic content. But none is
available in as much detail as would be needed for our model input. Therefore our phytodetritus
scenario is based on best guesses for pH: as remineralisation and biodegradation happen, more
CO2 is released in and around the phytodetritus layer, lowering pH (here we reduce pH by 0.1 to
7.8). For the chosen respiration rate there is, again, not much quantitative information available,
rather it has been observed that benthic foraminifera feed on phytodetrital layers and then start
new chamber formation or reproduction [Gooday et al., 1990], all of which increase respiration.
We therefore increase the respiration rate by 1 nmol CO2 h−1 to 1.41 nmol CO2 h−1.
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Parameter Units Standard Glacial Phytodet.
Temperature ◦C 1.3 −1.95 1.3
pH 7.9 8.0 7.8
δ13CPOC h −21.9 −26.9 −21.9
Resp. rate nmol CO2 h−1 0.41 0.41 1.41
Table 8.2: Model parameters used in the different scenarios.
8.2 Sensitivity experiment results
Our results are presented in three subsections - one for environmental parameters, one for vital
parameters and one for the combined scenarios. If not stated otherwise, the standard model pa-
rameters shown in Table 8.1 apply. Figures in this section show both CO2−3 and HCO
−
3 uptake.
The final δ13Cforam for CO2−3 uptake is generally higher by 0.07 to 0.08h compared to HCO−3
uptake, except for the vital effect sensitivities (see Section 8.3.3 below). If not mentioned oth-
erwise, the description of the results refers to CO2−3 uptake. Table 8.3 gives an overview of the
different sensitivities found in this study.
8.2.1 Environmental parameters
Changes in δ13CDIC result in changes of exactly the same magnitude in δ13Cforam. There is, how-
ever, an offset of around 0.24h below the 1:1 line at standard model parameters (see Figure 8.1).
Increases in temperature by 1◦C cause an increase in δ13Cforam of 0.05h. The effect of salinity
on δ13Cforam is 0.01h for ∆S = 5. Increasing pressure leads to a drop of δ13Cforam by 0.02 to
0.03h per 100 bar (equivalent to 1 km water depth).
Increasing δ13CPOC by 10h leads to an enrichment of δ13Cforam by 0.06h (Figure 8.2). Gen-
erally there is a drop in δ13Cforam when pH increases. At low pH values this drop is strongest at
−0.08h per 0.1 pH increase before dropping to an average of −0.02h per 0.1 pH increase at
pH values greater than 8.2. Changes in TA have a small impact of +0.01h on δ13Cforam for an
increase by 100 µmol kg−1.
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Figure 8.1: Foraminiferal δ13Cshell shown for different external model parameters: δ13CDIC, tem-
perature, salinity and pressure.
8.2.2 Vital parameters
Increasing respiration rates result in more depleted δ13Cforam. The effect is strongest at low respi-
ration rates where an increase by 1 nmol CO2 h−1 causes a decrease of 0.36h compared to only
0.28h at higher rates (Figure 8.3). The fact that respiration rates higher than 2.5 nmol CO2 h−1
are not possible for uptake of CO2−3 will be discussed in Section 8.3.3 below.
For increasing calcification rates δ13Cforam becomes more enriched. In the case of CO2−3
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Figure 8.2: Same as in Figure 8.1 but for δ13CPOC, pH and TA.
uptake the enrichment is +0.08h per nmol CO2−3 h−1 at low calcification rates and +0.27h per
nmol CO2−3 h
−1 at rates of 0.5 to 0.6 nmol CO2−3 h
−1. For HCO−3 uptake the enrichment is linear
at 0.01h per nmol HCO−3 h−1. Again, CO2−3 uptake is limited: calcification rates higher than
0.6 nmol CO2−3 h
−1 are not possible in the model. This will be further discussed in Section 8.3
below.
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Figure 8.3: Foraminiferal δ13Cshell shown for changes of vital parameters: respiration rate (left)
and calcification rate (right).
Effect of ... given change of ... on δ13Cforam Figure
δ13CDIC +1h +1.0h 8.1
Temperature +1◦C +0.05h 8.1
Salinity +5 < −0.01h 8.1
Pressure +100 bar
{ −0.03h at lower pressure
−0.02h at higher pressure
}
8.1
δ13CPOC +10h +0.06h 8.2
pH +0.1
{ −0.08h at lower pH
−0.02h at higher pH
}
8.2
TA +100 µmol kg−1 +0.01h 8.2
Resp. rate +1 nmol CO2 h−1
{ −0.36h at lower rates
−0.28h at higher rates
}
8.3
Calc. rate +1 nmol CO2−3 h
−1
{
+0.08h at lower rates
+0.27h at higher rates
}
8.3
Calc. rate +1 nmol HCO−3 h
−1 +0.01h 8.3
Table 8.3: Overview of δ13Cforam sensitivity to different model parameters.
8.2.3 Combined scenarios
The combined effects of the two scenarios (glacial and phytodetritus layer) on the δ13Cforam values
are summarised in Table 8.4. The combined effects of the individual parameters are−0.22h and
−0.23h for the glacial and the phytodetritus scenario, respectively.
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Effect of ... given change of ... on δ13Cforam
Glacial combined −0.22h
Temperature −3.25◦C −0.16h
pH +0.1 −0.04h
δ13CPOC −5h −0.03h
Phytodetritus combined −0.23h
pH −0.1 +0.05h
Respiration rate +1 nmol CO2 h−1 −0.30h
Table 8.4: Overview of δ13Cforam sensitivity for the two scenarios: glacial and phytodetritus. The
combined impact on δ13Cforam may differ from the sum of individual parameter impacts.
8.3 Sensitivity experiment discussion
8.3.1 General remarks
Many of the laboratory studies, that we are using to compare our model results with, have been
conducted on planktonic foraminifera, which are easier to keep in culture and therefore more
attractive experimentation objects. Of course, there are differences between planktonic and ben-
thic foraminiferal species. Erez [2003] predicts that respiration and calcification rates of deep-
sea benthics are one to two orders of magnitude lower than in planktonics. Benthics have much
longer life cycles, being able to survive for several years [Hemleben and Kitazato, 1995]. In
contrast, the lifetime of planktonics is typically of the order of weeks to months, with many life
cycles tuned to the lunar cycle (e.g. Bijma et al. [1990, 1994]). Deep-sea benthics, especially
those palaeoceanographers are interested in, are much smaller than planktonics. Their feeding
habits and reproduction cycles are different. Wherever possible, we are using experimental stud-
ies on benthics for comparison. Where this is not possible we are taking planktonics bearing in
mind the issues mentioned.
One drawback of the model is that it does not include any cell-internal biological features
(e.g. internal vacuoles). Neither does it include processes such as vesicular transport inside the
cell. Accordingly, changes in internal parameters such as the increase in pH of internal vesicles
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as they are transported to the site of active calcification (e.g. de Nooijer et al. [2009]) cannot be
accounted for. These deficiencies obviously limit the model’s predictive power, but we leave the
inclusion of internal cell processes to future studies. Nonetheless, our approach yields some very
useful insights into shell-external parameters and the more straightforward vital effects.
8.3.2 Environmental parameters
In the following subsections we are discussing the various sensitivities in more detail. Salinity
and TA are left out, since neither shows a marked effect on δ13Cforam.
δ13CDIC
As expected, δ13CDIC affects δ13Cforam in a 1:1 relationship (Figure 8.1). For our standard pa-
rameters, however, there is an offset for δ13Cforam of around −0.2 to −0.3h with respect to
δ13CDIC. Field studies have shown that benthic foraminifera record δ13CDIC of bottom water or
porewater with negative offsets. Only a few epibenthic species such as C. wuellerstorfi, in the
absence of other effects, and possibly by chance, capture δ13CDIC more or less exactly in their
δ13Cforam (e.g. Woodruff et al. [1980]; Duplessy et al. [1988]). The implicit assumption that ben-
thic foraminifera record δ13CDIC of bottom waters has also been challenged by Zeebe [2007]. He
showed in a modelling study that porewater δ13CDIC influences bottom water δ13CDIC above the
sediment-water interface. Even species like C. wuellerstorfi that tend to live on, or attach them-
selves to elevated structures on the seafloor [Linke and Lutze, 1993] may therefore be affected
by porewater. For the purpose of this paper it is sufficient to note that δ13CDIC is taken up into
the foraminiferal shell as expected in a 1:1 relationship, even if there is a constant offset. Here
we focus on the other parameters that have had less attention in the past.
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Temperature
The temperature sensitivity of δ13Cforam is surprisingly high with +0.05h per ◦C. In the model
this is achieved by changes in δ13C of the carbonate species: as temperature increases δ13CCO2
and δ13CCO2−3 become more enriched, whereas δ
13CHCO−3 more depleted. In combination with
the related changes of the fractionation factors for calcite formation [Mook, 1986; Zeebe et al.,
1999], δ13Cforam is enriched with increasing temperature. This has important consequences for
the interpretation of δ13Cforam values of warmer or colder climate states (e.g. Section 8.3.4 be-
low).
Laboratory measurements on the symbiont-barren planktonic foraminifer Globigerina bul-
loides show a decrease of δ13Cforam by 0.11h per temperature increase of 1◦C [Bemis et al.,
2000], which differs both in quality and quantity from our model’s increase. Bemis et al. [2000]
hypothesise though that increasing temperatures induce higher respiration rates, which, in turn,
introduce more depleted δ13CCO2 near the shell. After conversion from CO2 to HCO
−
3 and CO
2−
3 ,
this carbon is subsequently taken up during calcification, thus lowering δ13Cforam. We also find
a lowering of δ13Cforam with increasing respiration rates (see Figure 8.3), which, depending on
the increase in respiration rate, can easily overprint the signal caused by a temperature increase.
In fact, our model requires an increase of the standard respiration rate by 0.5 nmol CO2 h−1
from 0.41 to 0.91 nmol CO2 h−1 in order to explain Bemis et al. [2000]’s hypothesis. Combined
measurements of temperature and respiration would be highly desirable in order to test these
results.
Pressure
The pressure effect on δ13Cforam in the model is relatively small with a decrease of only 0.02
to 0.03h per increase of 100 bar. The difference in δ13Cforam between a foraminifer living at
a depth of 3000 m and 5000 m is therefore only about 0.05 to 0.06h. Higher pressure causes
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a change in the equilibrium constants of the chemical reactions between the different carbonate
species in seawater: [CO2−3 ] is reduced at higher pressures and its δ
13C value is more depleted.
Upon uptake and calcification this lower δ13CCO2−3 results in an equally depleted δ
13Cforam.
δ13CPOC
It is well established that δ13CPOC varies with latitude [Rau et al., 1989; Goericke and Fry, 1994]:
at the equator δ13CPOC is typically around−20h, becoming more negative towards the poles with
down to−26h in the Northern Hemisphere and−35h in the Southern Hemisphere. Differences
in the two hemispheres can be explained by differences in temperature, [CO2(aq)] and growth rates
(see e.g. Hofmann et al. [2000]). Another environment where δ13CPOC values can be extremely
low is near methane-venting structures on the seafloor (e.g. Mackensen et al. [2006]). Values of
−60h have been reported by Hinrichs [2001]. Hill et al. [2004] found that foraminifera feed on
this extremely depleted δ13CPOC, often in the form of bacteria.
The decrease of δ13Cforam in our model with decreasing values of δ13CPOC is expected. Respired
CO2 in the model is added to the external environment at the foraminiferal shell boundary. This
is also the area where HCO−3 or CO
2−
3 are taken up by calcification. Conversion between the
different carbonate species causes some of the low δ13CCO2 to become δ
13CHCO−3 and δ
13CCO2−3 ,
which is subsequently taken up into the foraminiferal shell lowering δ13Cforam. Figure 8.4 demon-
strates the effect of lower δ13CPOC on the δ13C values of the different carbon species as well as
ΣCO2. For standard model parameters the change in δ13Cforam per change of δ13CPOC is around
0.6%. In laboratory experiments Spero and Lea [1996] fed planktonic G. bulloides algal diets
of differing δ13CPOC values. This caused a marked effect in the δ13Cforam values. Their observed
change in δ13Cforam per change of δ13CPOC is around 3.5%, which is more than five times higher
than our model results suggest. In the model the carbon has to take a detour via release of low
δ13CCO2 , subsequent conversion to HCO
−
3 and CO
2−
3 , and finally uptake and inclusion into the
shell during calcification. The actual pathway of low δ13CPOC inside benthic foraminifera via the
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so called “carbon pool” (e.g. Bijma et al. [1999]), if it exists at all, is likely to be shorter and may
therefore be more efficient at transmitting the δ13CPOC signal into the shell’s δ13Cforam.
Figure 8.4: Model results for the δ13C of CO2 (a), HCO−3 (b), CO
2−
3 (c), and ΣCO2 (d). The
solid line represents CO2−3 uptake at 0.28 nmol CO
2−
3 h
−1, the dashed line is HCO−3 uptake at
0.56 nmol HCO−3 h
−1 (same net calcification rate as for CO2−3 uptake), the dotted line is CO
2−
3
uptake with δ13CPOC reduced from −21.9 to −30.0h, and the dash-dotted line is CO2−3 uptake
at an increased respiration rate of 1.0 nmol CO2−3 h
−1.
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pH
The effect of pH on δ13Cforam is more pronounced at pH values below 8, but is generally less than
+0.1h per 0.1 pH decrease. The effect is a lot smaller than what was found by Spero et al. [1997]
in planktonic foraminifera, which suggests that the model may not fully capture the pH/carbonate
ion effect and its likely associated biological mechanism. The pH at the actual calcification site
may be different, notably higher (e.g. de Nooijer et al. [2009]). Since cell-internal processes are
not included in the model - we only consider the pH-driven fractionation between the carbonate
species at the shell - we think that those are mostly responsible for the weak pH effect.
8.3.3 Vital parameters
Respiration rate
The respiration rate is the second most sensitive model parameter affecting δ13Cforam after δ13CDIC
(see Figure 8.3). An averaged decrease of 0.3h per increase of 1 nmol CO2 h−1 adds a further
challenge for interpreting δ13Cforam. In the model this is caused by more depleted δ13CCO2 which
is diffusing out of the foraminifer. In turn, this is lowering the δ13C values of HCO−3 and CO
2−
3 ,
either of which are taken up during calcification, and resulting in depleted δ13Cforam values. Fig-
ure 8.4 illustrates the changes in δ13C of the different carbon species for increased respiration
rates. For calcification with CO2−3 , respiration rates higher than 2.5 nmol CO2 h
−1 are not pos-
sible since the increased concentration of CO2 causes an overall drop of pH near the shell, thus
lowering and eventually depleting all remaining CO2−3 .
How important is this effect? In this context it would be beneficial to know when foraminifera
increase their metabolism and respire more. Several studies on benthic foraminifera have shown
that they are dormant for most of the year, but increase their activity as soon as food is available
(e.g. Moodley et al. [2002]). This is also the time when they build their new chambers and/or
reproduce. To our knowledge, in-situ measurements of respiration rates on deep-sea benthic
80 Chapter 8. Modelling δ13C in benthic foraminifera
foraminifera do not exist. Measurements on cultured benthic species vary across two orders of
magnitude [Geslin et al., 2011]. Given the strong impact respiration rates have on δ13Cforam in
our model, measurements of respiration rates before, during and after chamber formation would
be highly desirable to improve our understanding of δ13Cforam signal formation.
Calcification rate and CO2−3 vs. HCO
−
3 uptake
The sensitivity of δ13Cforam in response to changing calcification rates is less than 0.1h, which
is significantly lower than for changing respiration rates. At standard model parameters CO2−3
uptake rates can only be as high as 0.6 nmol h−1 since at higher rates the CO2−3 pool near the
modelled shell boundary is depleted (see Figure 8.5). When bulk pH is increased, [CO2−3 ] also
increases allowing for higher calcification rates. In contrast, uptake of HCO−3 is not limited since
plenty of HCO−3 is available. The associated changes in δ
13Cforam for HCO−3 uptake are small
compared to many of the other parameters tested in this study.
Our model results generally suggest that HCO−3 uptake results in δ
13Cforam values that are
lower by 0.07 to 0.08h compared to CO2−3 uptake. This seems counter-intuitive as δ13CHCO−3 is
more than 0.6h higher than δ13CCO2−3 (Figure 8.4). The simple explanation is that at 1.3◦C the
fractionation factor between HCO−3 and CaCO3 is −0.32h, whereas for CO2−3 and CaCO3 it is
+0.37, thus offsetting the differences in δ13C of the two carbon species near the shell.
Which of the two carbon species is actually taken up during calcification of foraminifera has
still not been established. The obvious choice seems to be CO2−3 following the simple calcifica-
tion equation
Ca2+ + CO2−3 
 CaCO3. (8.1)
Modelling results for the planktonic species Globigerinoides sacculifer, however, have shown
that carbonate ion supply can be insufficient to account for measured calcification rates [Wolf-
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Figure 8.5: Model results for the bulk concentrations of CO2 (a), HCO−3 (b), CO
2−
3 (c), and pH
(d). The solid line represents CO2−3 uptake at 0.28 nmol CO
2−
3 h
−1, the dashed line is HCO−3
uptake at 0.56 nmol HCO−3 h
−1 (same net calcification rate as for CO2−3 uptake), and the dotted
line is CO2−3 uptake at an increased rate of 0.60 nmol CO
2−
3 h
−1. At this elevated calcification rate
the CO2−3 concentration at the shell boundary is approaching zero (c) - higher rates are physically
not possible.
Gladrow et al., 1999], just as for our results at rates higher than 0.6 nmol CO2−3 h
−1. Therefore
some foraminifera may require an internal carbon pool (e.g. Erez [2003]) from which carbon is
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taken during calcification, or partly (maybe fully) employ bicarbonate ion:
Ca2+ + 2 HCO−3 
 CaCO3 + H2O + CO2. (8.2)
Another process to overcome the depletion of the carbonate ion pool near the shell is the
elevation of internal pH as has been described by, for instance, de Nooijer et al. [2009]. This
could create a sufficiently high concentration of carbonate ion inside the foraminifer which is
supplied by uptake and subsequent conversion of HCO−3 and/or CO2 to CO
2−
3 . Yet another
mechanism could be the foraminifer’s pseudopodial network that can reach out into the ambient
seawater and harvest more CO2−3 from a bigger volume than would be possible by simple cross-
membrane transport at the shell boundary. Here we cannot answer which of these mechanisms
is at work, but from the model results it is obvious that one or more of them are required in order
to allow the foraminifer to calcify at rates greater then 0.6 nmol h−1 when using CO2−3 .
8.3.4 Combined scenarios
The Glacial
Our glacial results (Table 8.4) suggest that we may explain about two-thirds of the observed
interglacial to glacial drop in δ13Cforam (global ocean average of−0.32h [Duplessy et al., 1988])
by changes in temperature, pH and δ13CPOC. Interestingly, temperature is the main driver in our
model, whereas the carbonate ion effect (or pH effect) has a relatively minor impact. Spero
et al. [1997] found that increasing carbonate ion concentrations result in a decrease of planktonic
δ13Cforam, which they put forward as another possible explanation for the lowered δ13Cforam found
in the Last Glacial Maximum (see also Lea et al. [1999]). To our knowledge the temperature-
δ13Cforam relationship has not been assessed before for benthic foraminifera in the context of
glacial-interglacial changes.
Admittedly, our ’one-size-fits-all’ approach is a bit rough: Different core sites have of course
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experienced different parameter changes during the glacial and each core needs to be looked at
in detail. Deep ocean temperatures have not decreased everywhere by the average 3.25± 0.55◦C
reported by Clark et al. [2009]. The same is true for pH: Ho¨nisch et al. [2008] found that pH
in the southeast Atlantic Ocean during the LGM was increased above 3500 m water depth by
up to 0.1 pH units, but decreased below that depth (−0.07 pH units). The Pacific may have
experienced increases of up to 0.5 pH units [Sanyal et al., 1997]. Our estimate of a decreased
δ13CPOC in the glacial is probably an upper limit. The δ13CPOC value formed by algae is not only
depending on SSTs, but also on the concentration of CO2(aq) and growth rates, which introduce
a seasonal signal [Goericke and Fry, 1994; Hofmann et al., 2000]. Therefore, depending on
where δ13CPOC is formed, the final δ13Cforam values may change, but probably by no more than
0.05h. A logical next step would be to apply our model to a combined carbon cycle/general
ocean circulation model in order to obtain spatial patterns for δ13Cforam. These could then be
compared to observational data from sediment cores a` la Hesse et al. [2011].
Phytodetritus layer
So far most of the effect of a phytodetritus layer was attributed to lowering of δ13CDIC in the
layer’s interstitial waters. Our results of −0.23h (Table 8.4) allow us to explain more than half
of the typical reduction of −0.4h found in some phytodetritus layer locations (see e.g. Bickert
and Mackensen [2004]; Zarriess and Mackensen [2011]) without invoking changes in δ13CDIC.
The increased respiration rate is the main driver in our model. Whether or not a respiration rate
increase of 1 nmol CO2 h−1 is realistic cannot be said for certain, since the available respiration
rate measurements have all been taken during times of food unavailability [Hannah et al., 1994;
Nomaki et al., 2007; Geslin et al., 2011].
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8.4 Sensitivity experiment conclusions
The objective of this study is to test the sensitivity of δ13C in benthic foraminiferal shells to
different physical, chemical and biological parameters using a reaction-diffusion model for cal-
cification of foraminifera. Changes in δ13CDIC cause equal changes in δ13Cforam in the model.
Offsets between δ13CDIC and δ13Cforam depend on a variety of physical, chemical and biological
parameters. Temperature, respiration rate and pH have a marked effect on δ13Cforam, whereas
salinity, pressure, δ13CPOC, total alkalinity and calcification rate are less important.
The model can account for two-thirds of the drop in glacial δ13Cforam with respect to Holocene
values by a combination of lower temperature, higher pH and a shift in δ13CPOC, with tempera-
ture causing most of the signal. We can explain more than half of the decrease in δ13Cforam of
foraminifera living in and feeding on phytodetrital layers without invoking changes in δ13CDIC.
Critically, this decrease is depending on the respiration rate.
Possible future uses of the model include the application to coupled carbon cycle/general
ocean circulation models in order to assess spatial patterns, or a closer look at ontogenetic pro-
cesses and the associated δ13Cforam changes.
Chapter 9
Towards a mechanistic interpretation of
δ13C: modelling calcification in benthic
foraminifera and its application to
palaeoceanographic model scenarios
9.1 Methods
The basic methodological approach described in this chapter is the combination of previously
unconnected models in order to come closer to the long-standing goal of modelling directly what
is found in sediment cores, in our case δ13Cforam. For this we are using output from the coupled
HAMOCC2s (see Heinze and Maier-Reimer [1999]; Heinze et al. [1999] and Chapter 5) and
LSG models [Maier-Reimer et al., 1993] in order to drive the diffusion-reaction foraminifera
calcification model (FCM) developed by Wolf-Gladrow et al. [1999] and Zeebe et al. [1999] and
adapted for benthic foraminifera by Hesse et al. [in review] (see also Chapter 5). We assess the
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uncertainties in the δ13Cforam signal on an ocean-wide scale, and in association with different
model scenarios. As described in Chapter 5, these scenarios include a pre-industrial control run
as well as two different LGM scenarios based on GLAMAP SSTs (see Chapter 4), building on
previous studies by Butzin et al. [2005] and Hesse et al. [2011].
The three considered model scenarios each have their own distinct set of values for tempera-
ture, salinity, δ13CDIC, transport rates etc. The only FCM parameter that we used for additional
sensitivity experiments is respiration rate, which is the vital parameter with the strongest impact
on δ13Cforam [Hesse et al., in review]. Our standard respiration rate is set at 0.41 nmol CO2 h−1
based on Nomaki et al. [2007]. Additionally, we did sensitivity experiments for a ten times re-
duced respiration rate of 0.041 nmol CO2 h−1, as well as a doubled respiration rate of 0.82 nmol
CO2 h−1.
9.2 Combined modelling results
9.2.1 δ13Cforam vs δ13CDIC
Figures 9.1 and 9.2 show the model results for the control run and the two glacial scenarios GB
and GS for δ13CDIC, for δ13Cforam as modelled with the FCM, and also the anomaly between
δ13Cforam and δ13CDIC. For each model scenario δ13Cforam in the deep ocean is lower than δ13CDIC
by more than 0.2h, whereas in the surface ocean between 40◦S and 40◦N δ13Cforam is enriched
by ≥0.2h compared to δ13CDIC. In the two glacial scenarios the northern North Atlantic above
2 km water depth shows the strongest depletion of δ13Cforam with respect to δ13CDIC.
9.2.2 LGM-to-present-day anomalies
The δ13C anomalies between the glacial model runs and the control run are shown in Figure 9.3
for the western Atlantic Ocean and in Figure 9.4 for the eastern Atlantic Ocean. Anomalies
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Figure 9.3: LGM-to-present-day anomaly plots for the western Atlantic Ocean for scenarios GB
(left column) and GS (right column). Top row: anomaly of modelled glacial δ13CDIC with respect
to control δ13CDIC. Middle row: anomaly of modelled glacial δ13Cforam with respect to control
δ13Cforam. Bottom row: the difference between the δ13Cforam anomaly and the δ13CDIC anomaly.
All anomalies are inh. Note the different scale bar for the bottom row plots.
in δ13CDIC and δ13Cforam (top row and middle row in Figures 9.3 and 9.4, respectively) show a
similar pattern for each glacial scenario, but there are distinct differences between GB and GS.
GB shows a more 13C-enriched deep ocean compared to control run, whereas GS’ deep ocean
is strongly depleted in δ13C. This is true for both δ13CDIC and δ13Cforam. The anomalies for GB
and GS both share a common feature in the upper 1500 to 2000 meters: the North Atlantic
is more enriched in δ13C, and the South Atlantic is split between a depleted uppermost cell in
the top 1000 meters and a tongue of less depleted δ13C between 1000 and 2000 meters water
depth. Again, this is true for both δ13CDIC and δ13Cforam with δ13Cforam being more depleted than
δ13CDIC. The amount of the depletion can be seen in the bottom rows of Figures 9.3 and 9.4:
here the differences between the δ13Cforam anomaly and the δ13CDIC anomaly are displayed. On
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average, the deep ocean anomaly in δ13Cforam is lower by 0.05 to 0.10h compared to the anomaly
in δ13CDIC.
Figure 9.4: Same as Figure 9.3, but in the eastern Atlantic Ocean.
9.2.3 Respiration rate
The effect of changing the respiration rate in the FCM is shown in Figure 9.5 for the control run.
When the respiration rate is reduced ten times, the final δ13Cforam is less negative than for the
standard respiration rate. In contrast, a doubled respiration rate causes δ13Cforam to be even more
depleted with respect to δ13CDIC than the standard respiration rate. In both cases the effect of a
lowered/increased respiration rate is most pronounced in the surface ocean (up to ±0.2h), and
seems to be reduced to ±0.1h as the water mass ages. For the glacial scenarios (not shown) the
pattern is similar.
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Figure 9.5: Respiration sensitivity experiments for the control run: Anomalies (in h) with re-
spect to the standard respiration rate for a ten times lowered respiration rate (top row) and a
doubled respiration rate (bottom row) for the western and eastern Atlantic (left and right column,
respectively). A lowered respiration rate reduces the difference between δ13Cforam and δ13CDIC,
whereas an increased respiration rate causes a further drop in δ13Cforam with respect to δ13CDIC.
Note the scale bar differences between top and bottom row.
9.2.4 Model-data comparison
The results of a quantitative comparison between reconstructions (see Chapter 6 on sediment
core δ13C data) and the different model scenarios are summarised in the Taylor diagrams [Taylor,
2001] in Figure 9.6 and shown in Table 9.1. For the control run simulated without the FCM, both
the correlation coefficient r and the RMS difference are highest and lowest, respectively. For
glacial scenarios GB and GS, including the FCM improves both r and the RMS difference, but
only slightly (see Table 9.1). Different respiration rates do not cause changes in r in any of the
scenarios, and the RMS difference hardly varies between different respiration rates.
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Figure 9.6: Taylor diagram [Taylor, 2001] showing the correlations and standard deviations of
the various model scenarios: Present-day δ13CDIC measurements (GEOSECS and GLODAP) and
Late Holocene (LH) δ13Cforam compared to control run δ13CDIC and δ13Cforam, respectively (left);
LGM δ13Cforam compared to δ13CDIC and δ13Cforam of glacial scenarios GB and GS (right).
Control run GB GS
DIC
Foram RR
DIC
Foram RR
DIC
Foram RR
low std high low std low std
correlation coeff. r 0.58 0.56 0.56 0.56 0.37 0.42 0.42 0.78 0.80 0.80
RMS difference 0.32 0.33 0.33 0.32 0.57 0.52 0.53 0.37 0.35 0.35
Table 9.1: Correlation coefficients and averaged RMS differences for the control run and the two
glacial scenarios when compared to present-day/Late Holocene data and LGM data, respectively
[RR = respiration rate; std = standard].
9.3 Combined modelling discussion
9.3.1 δ13Cforam vs δ13CDIC
Figures 9.1 and 9.2 demonstrate that the FCM has a strong impact on δ13CDIC, making the final
δ13Cforam lower in the deep ocean below 2 km water depth and higher in most of the surface
ocean. Building on the paper by Hesse et al. [in review] (see also Chapter 8), where they did
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parameter sensitivity studies with the stand-alone FCM, it is obvious that temperature, pH and
respiration rate must play a role in the modelled differences between δ13CDIC and δ13Cforam. In
the following paragraphs we are going to look at each of these parameters in turn.
Temperature
Figure 9.7: Temperature data in ◦C for the control run (top row), scenario GB (middle row), and
scenario GS (bottom row) in the western Atlantic (left column) and the eastern Atlantic (right
column). GB is only marginally colder in the deep ocean when compared to the control run. GS,
however, has a relatively steep thermocline and is substantially colder in the deep ocean than the
control run.
Looking at Figure 9.7 and comparing it to the δ13Cforam − δ13CDIC difference plots in Fig-
ures 9.1 and 9.2 there is a clear similarity in the displayed pattern: warm temperatures lead to
higher δ13Cforam values, whereas cold temperatures lead to lower δ13Cforam values. Hesse et al. [in
review] found that an increase in temperature by 1◦C causes an increase in δ13Cforam of 0.05h, so
the results are expected. But temperature is not the only parameter influencing the differences be-
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tween δ13Cforam and δ13CDIC. For each model scenario the δ13C differences are most pronounced
in the northern North Atlantic, where temperatures are very low in each model scenario. Tem-
peratures are, however, also very low in the deeper Southern Ocean, which is not reflected in the
δ13C anomaly (Figures 9.1 and 9.2). Therefore, we have to look further and consider differences
in pH.
pH
Figure 9.8: Same as Figure 9.7, but for pH data. Intermediate, deep and bottom waters can
clearly be distinguished for the control run and the two glacial scenarios. Broadly speaking, the
pH gradient between the NADW and AABW source regions steepens from the control run via
GB to GS, which seems to be dominantly caused by a strong pH increase in the NADW source
region, especially for GS.
The pH distribution (Figure 9.8) shows a strong gradient between the upper 2000 m in the
northern North Atlantic and the deep Southern Ocean, which is steepening from the control run
via GB to GS. For the stand-alone FCM, Hesse et al. [in review] found that the response of
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δ13Cforam to changes in pH of +0.1 is about −0.08h for pH < 7.6, decreasing to about −0.02h
for pH > 8.2 (see Chapter 2). Hence the effect of pH on δ13Cforam should be most pronounced in
the deep Southern Ocean. This also seems to be what we are observing: low temperatures in the
deep Southern Ocean should lower δ13Cforam, but the low pH counter-acts the temperature signal
to make the δ13Cforam − δ13CDIC difference plots more homogenous in the deep ocean as a whole.
9.3.2 LGM-to-present-day anomalies
The δ13CDIC anomaly plots in the top row of Figures 9.3 and 9.4 show strong differences between
the two glacial scenarios GB and GS. For GB the anomaly pattern is heterogeneous and the
amplitudes rarely exceed ±0.25h. The positive anomalies in the central deep Atlantic Ocean
can be explained by GB’s reduced negative overturning cell at depth compared to the control run
(Figure 9.9). The strong gradient seen in the anomalies for GS with positive values in the surface
ocean and negative values at depth are also caused by changes in the circulation regime. GS
is characterised by a shallower positive overturning cell in the North Atlantic, and an extended
negative cell in the deep ocean (Figure 9.9). Anomaly amplitudes are higher in GS, spanning a
range of +0.75h in the upper North Atlantic to −0.75h in the deep North Atlantic.
For the anomalies in δ13Cforam the overall anomaly pattern is similar to the δ13CDIC anomalies,
but there is a shift to more negative anomalies (see bottom rows of Figures 9.3 and 9.4). The
difference between δ13Cforam and δ13CDIC anomalies in the deep ocean below 2 km water depth is
between −0.05 to −0.10h for both GB and GS. In the upper ocean there is a pronounced band
centred at approximately 1000 m water depth which shows the strongest difference between
δ13Cforam and δ13CDIC anomalies of up to −0.25h. The band is the result of small negative shifts
from δ13CDIC to δ13Cforam in the oceanic regions where the strongest δ13C gradients exist. For
instance, a small shift and widening of the relatively low δ13C AAIW region caused by the FCM
causes a more pronounced negative LGM-to-present-day anomaly, which is then also visible in
the differences between the δ13Cforam and δ13CDIC anomalies.
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The anomaly plots show that even though the absolut changes in δ13C introduced by the
inclusion of the FCM are greater than −0.2h in the deep ocean, the differences in the LGM-to-
present-day anomalies are only between −0.05 to −0.10h.
Figure 9.9: The AMOC in Sv for the control run (left), glacial scenario GB (middle), and glacial
scenario GS (right). Scenario GB has a deepened and slightly reduced positive AMOC compared
to the control run, whereas in GS the positive AMOC is shoaled and reduced by around 40% with
respect to the control run. GS also has an increased negative AMOC at depth.
9.3.3 Respiration rate uncertainties
Our results suggest that the respiration rate plays an important role in determining δ13Cforam.
From Figure 9.5 we can see that δ13Cforam can change by up to ±0.2h depending on the ac-
tual respiration rate. And the actual respiration rate is - to the best of our knowledge - not very
well constrained. Our standard respiration rate of 0.41 nmol CO2 h−1 is based on a measure-
ment on C. wuellerstorfi by Nomaki et al. [2007]. This value is at the higher end of measured
benthic foraminiferal respiration rates, that can overall span two orders of magnitude or more
[Geslin et al., 2011]. Respiration rate measurements have normally been taken at times when the
foraminifera were not feeding, which may suggest that the so measured respiration rates are low
compared to those the foraminifera exhibit when building new chambers, which is the process
we are interested in. One could also argue, however, that the measurement process stresses the
foraminifera, which could potentially also result in higher respiration rates. Basically, we don’t
know. Measuring respiration rates is a very delicate procedure, and doing it in-situ, which may
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reduce/eliminate stress on the foraminifera, would be even more so. Therefore, for the moment
we have to accept the uncertainty introduced by not knowing the respiration rate exactly.
9.3.4 Model-data comparison
The results of the model-data comparison (see Figure 9.6 and Table 9.1) show that the inclusion
of the FCM improves the model-data fit for both glacial scenarios. For the previously favoured
scenario GS (see Butzin et al. [2005], Hesse et al. [2011] and Chapter 7) the correlation coeffi-
cient increased from 0.78 to 0.80. Scenario GB experiences a stronger increase in r from 0.37 to
0.42, but on a much lower level. Clearly scenario GS with its altered freshwater balance in the
Southern Ocean is still fitting reconstructions best, also with respect to its RMS difference and its
variance, which is almost identical to the variance of the reconstructed sediment δ13Cforam values
(see the normalised standard deviation arc at 1.0 in Figure 9.6, right hand side). Interestingly, the
different respiration rate scenarios do not influence the model-data comparison results. Overall
the model-data comparison results are encouraging and show that the inclusion of the processes
in the micro-environment around foraminifera do not change the main interpretation of δ13Cforam.
9.3.5 Limitations
The FCM does not include any processes that may happen within the foraminifera. Recent work
by de Nooijer et al. [2009] has shown that internal processes may be very important in benthic
foraminifera, especially when it comes to the calcification process. For instance, we do not know
whether respired carbon is directly transported to the calcification site without taking the detour
via release into the bulk, subsequent conversion of CO2 to HCO−3 and CO
2−
3 , and finally re-
uptake, as it is described in our model. We believe, however, that our model is an important first
step to assess the processes acting during calcification, even if internal processes are neglected
for the moment.
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Possible drawbacks of the LSG and HAMOCC2s have already been discussed in Chapter 7.
The globally averaged wind fields that are used for driving HAMOCC2s reproduce air-sea ex-
change in the Southern Ocean unrealistically and therefore underestimate δ13CDIC for AAIW
[Hesse et al., 2011]. This has no consequences, however, for the deep ocean below 2000 meters
water depth.
9.4 Implications
Combining all the evidence presented above, we can say that the addition of the FCM causes
some substantial differences in absolut δ13Cforam values, which can be explained by the effects of
temperature, pH, and the circulation regime. LGM-to-present-day anomalies, however, are only
slightly different when comparing model runs with and without the FCM. Uncertainties due to
our limited knowledge about respiration rates amount to ±(0.10 to 0.15)h in δ13Cforam, where
the higher uncertainty is found in the northern North Atlantic (see Figure 9.5). The model-data
comparison shows that both LGM scenarios fit slightly better to the data upon the inclusion of
the FCM. GS is still the best fitting model scenario with an increased correlation coefficient of
0.80 (from previously 0.78), a reduced average RMS difference of 0.35h (down from 0.37h),
and a variance of the model data that is close to the variance of the sediment core reconstruc-
tions. Scenario GB also improves its performance in the model-data comparison, but its overall
performance is still a lot worse than for GS.
For palaeoceanographers these results are encouraging as they corroborate previous findings
of a shoaled positive North Atlantic overturning cell and an expanded negative overturning cell
in the deep Atlantic Ocean, both from reconstructions (e.g. Adkins et al. [2002]; Curry and
Oppo [2005]; Lynch-Stieglitz et al. [2007]) and modelling (e.g. Shin et al. [2003b]; Butzin et al.
[2005]). The relatively small differences in the anomalies between δ13Cforam and δ13CDIC further
underline that, when considering anomalies rather than absolute values, the interpretation of the
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data or model is less dependent on systematic uncertainties introduced by e.g. habitat effects.
The substantial absolut changes from δ13CDIC to δ13Cforam introduced by the FCM can be
explained in the model by the different model parameters. Yet, the strong surface to deep ocean
gradient is suspicious, since such strong gradients have not been reported before. From a phys-
iological point of view, it may be useful to introduce a temperature dependent respiration rate
in the model. In a study on the impact of temperature on δ13Cforam in planktonic foraminifera,
Bemis et al. [2000] found that δ13Cforam decreases with increasing temperature. They speculated
that this might be caused by increasing respiration rates as the temperature rises, which would
confirm results by Hesse et al. [in review]. As shown in Chapter 8, increasing temperature in
the FCM results in higher δ13Cforam values and increasing respiration results in lower δ13Cforam
values. Therefore, introducing a temperature dependent respiration rate should reduce the strong
gradient in δ13Cforam between the surface and the deep ocean.
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Chapter 10
Conclusion and Outlook
This chapter is summarising the conclusions of Chapters 7 to 9 and discussing their main impli-
cations for the use of δ13Cforam as a proxy for reconstructing water masses in the LGM. Finally,
I will give an outlook of where further research could be carried out and what results may be
expected in the future.
The model-data comparison in Chapter 7 highlights the role of the Southern Ocean in ex-
plaining glacial climate. Its main advance is methodological: the use of a database for δ13C of
more than 200 sediment cores from all over the Atlantic Ocean in combination with a coupled
three-dimensional ocean circulation and carbon cycle model. We know from proxy records that
the positive AMOC cell in the North Atlantic should have shoaled and the negative AMOC cell
in the deep South Atlantic should have expanded [Lynch-Stieglitz et al., 2007]. Since inverse
modelling for the LGM has been shown to be insufficiently constrained by proxy data [Huybers
et al., 2007; Marchal and Curry, 2008], using different forward modelling scenarios and compar-
ing those to the available proxy data is the best we can do at the moment. Until now, however,
models have shown a large spread of possible AMOC states for the LGM [Otto-Bliesner et al.,
2007]. With this study, we corroborated the findings of Butzin et al. [2005] by extending the best
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model-data agreement for the GLAMAP SST-based model scenario with an altered fresh water
balance in the Southern Ocean from radiocarbon to δ13C.
The sensitivity study in Chapter 8 moves on to advance our understanding of the micro-
environmental processes involved in forming the δ13C signal in benthic foraminifera. Perhaps
surprisingly, this aspect of the δ13C proxy has not received much attention in the past, even
though it is of crucial importance for the interpretation of δ13C. This advance is possible by
adapting the FCM for planktonic foraminifera developed by Wolf-Gladrow et al. [1999] and
Zeebe et al. [1999] for benthic foraminifera. The adaptation involves the inclusion of the pressure
dependence of the carbonate species dissociation constants, and a change in the vital parameters
of the modelled foraminiferal species. We show that temperature, respiration rate and pH have
a significant impact on δ13C in benthic foraminifera, whereas salinity, pressure, δ13CPOC, total
alkalinity and calcification rate have a limited impact. It was expected that respiration rate has
an influence on the δ13C signal. The relatively strong temperature response, however, is surpris-
ing. In combined sensitivity experiments, we show that two-thirds of the drop in δ13C from the
Holocene to the LGM can be explained by changes in temperature, pH and δ13CPOC. Finally, the
study allows for the simple prediction of the benthic foraminiferal δ13C value without having to
use the FCM, based on the following equation:
δ13Cforam = δ13CDIC + a1(T − 7◦C)− a2(RR− 0.41 nmol CO2 h−1)− a3(pH− 7.9), (10.1)
where T is temperature in ◦C, RR is respiration rate in nmol CO2 h−1, a1 is 0.045h per ◦C,
a2 is 0.4h per nmol CO2 h−1, and a3 is 0.08h. This study advances the overall aim of a more
mechanistic understanding of the formation of the δ13C signal in benthic foraminifera.
The third study in Chapter 9 finally combines the FCM (Chapter 5) with the glacial model
scenarios from Chapter 7 in order to assess the uncertainties involved in the formation and later
interpretation of δ13C on an ocean-wide scale. Several conclusions can be drawn from the study.
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Most important for palaeoceanographers is the fact that the glacial model scenario with a shoaled
positive meridional overturning in the upper ocean and an expanded negative overturning cell at
depth is still the best-fitting scenario in the model-data comparison that includes the FCM. Fur-
thermore, the study highlights that δ13Cforam can deviate substantially from δ13CDIC, depending
on temperature, pH, and circulation regime, although a temperature-dependent respiration rate
may reduce the modelled deviations. Differences in the LGM-to-present-day anomalies between
δ13CDIC and δ13Cforam are on average approximately 0.10h in the deep ocean, with the δ13Cforam
anomalies being more negative. Respiration rate uncertainties cause uncertainties in δ13Cforam of
±(0.10 to 0.15)h.
With this thesis, our overall understanding of δ13C as a palaeoclimatological proxy has been
advanced. We are now a step closer to a fully mechanistic description of δ13C signal forma-
tion and can quantify the effects of processes acting in the micro-environment around a benthic
foraminifer. Having said that, the cell-internal processes during shell calcification have so far
not been captured quantitatively and the detailed picture of the processes is still fragmentary.
Nonetheless, with the help of the FCM our understanding of uncertainties in the formation of
δ13C has improved and can now be taken into consideration when δ13C signals are interpreted.
Regarding the assessment of the glacial ocean state, the results of the thesis corroborate
previous findings of a shoaled positive meridional overturing cell in the upper North Atlantic and
an extended negative overturing cell in the deep Atlantic Ocean. From a modeller’s perspective it
is interesting to note that this Atlantic Ocean circulation regime has been simulated by changes in
the freshwater balance in the Southern Ocean (see also Shin et al. [2003b]; Butzin et al. [2005]),
rather than the North Atlantic, which has dominantly been the focus for explaining/modelling the
LGM ocean. In order to assess the actual transport rates in the ocean δ13C is of little use. Being a
non-conservative tracer, δ13C only allows for reconstructing the distribution of past water masses.
So in order to get a full picture of the glacial AMOC, it is necessary to consider kinematic proxies
such as ∆14C, 231Pa/230Th, or grain size distributions.
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By improving the understanding of δ13C, the understanding and interpretation of palaeocli-
matological states is also improved. In this thesis with its focus on the LGM it is now possible to
explain parts of the observed drop in oceanic δ13C of 0.3 to 0.4h when going from the Holocene
to the LGM. In the late 1970s Shackleton [1977] first described this shift and attributed it to a
transfer of low-δ13C terrestrial carbon to the oceans. This interpretation is still favoured by large
parts of the palaeoclimate community, but there are also hints at other possible factors. Lea et al.
[1999], building on laboratory studies by Spero et al. [1997] on planktonic foraminifera, argued
that a carbonate ion effect also has the potential to lower foraminiferal δ13C. Since the glacial
ocean is thought to have been more alkaline [Ho¨nisch and Hemming, 2005], this carbonate ion
effect might have contributed to the observed drop in δ13C. It is only with the study in Chapter 8
[Hesse et al., in review], however, that this carbonate ion effect has been modelled for benthic
foraminifera. In the model, a small but marked effect on changes in pH is visible (Figure 8.3).
More important in the FCM is the effect that temperature has on δ13C: per degree of cooling
there is a drop in δ13C of 0.05h. This effect has not attracted much attention in the past, perhaps
because deep-sea temperatures are fairly homogeneous. Changes in deep-sea temperatures such
as the average drop of 3.25± 0.55◦C reported by Clark et al. [2009] for the LGM, however, have
a marked effect on benthic foraminiferal δ13C [Hesse et al., in review].
What are the possible lessons learned for the bigger picture? Palaeoclimate studies allow us
to develop an understanding of the natural variability of the climate system on different spatial
and temporal scales, which is of great interest for predicting possible future climate changes. The
thesis highlights that only by considering and combining the many different elements of climate
research are we able to reconstruct palaeoclimate in a meaningful way that allows for quantitative
assessments of the involved processes. Simply put one might say: modelling needs validation
by data reconstructions, data reconstructions need validation by proxy development. The thesis
does exactly that. Competing LGM model scenarios are tested against δ13C reconstructions,
and uncertainties in these reconstructions are assessed by modelling the small scale processes
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acting during proxy signal formation. Admittedly, δ13C is only a small piece of the big jigsaw
puzzle that is the climate system. Nonetheless, this kind of approach and the combination of
many of these small pieces, should eventually allow us to gain the much desired holistic view
and understanding of the climate system.
Outlook
The research presented in this thesis may encourage further investigations in the following areas:
• Experimental research on benthic foraminifera in the laboratory and in-situ. For
further advances in our understanding of benthic foraminifera it is crucial to know more
about their vital effects, their feeding behaviour and, most importantly, the way they build
their chambers. In order to do so, detailed measurement efforts are needed. Studies by
Chandler et al. [1996], Hintz et al. [2004], Nomaki et al. [2007], de Nooijer et al. [2009],
Geslin et al. [2011], or Glas et al. [2012] are pointing in the right direction. With the help
of these efforts we should eventually be able to describe the formation of δ13C in benthic
foraminiferal shells fully mechanistically.
• Modelling the biochemical processes inside foraminiferal cells. This approach should
accompany the experimental research described in the previous point. Modelling internal
processes should highlight which processes are the most important for chamber formation.
These insights could, in turn, be used in measurement studies so that the two approaches
can stimulate and benefit from each other. There are only a few studies that attempt to
model cell-internal processes, but so far only for algae (e.g. Thoms et al. [2001], or Holtz
et al. [2013]).
• Modelling the carbon cycle with a fully coupled state-of-the-art Earth system model.
The work presented in this thesis is based on comparatively simple three dimensional cir-
culation models (LSG and HAMOCC2s) that have been around for the last 15 to 20 years
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already (but have their distinct advantages - see Chapter 5). The latest state-of-the-art Earth
system models with their fully coupled climate components (atmosphere, ocean, land ice,
sea ice, vegetation, sediments, etc.) would probably create a more realistic distribution
of carbon isotopes. The Community Earth System Models (COSMOS) suite would be an
ideal candidate, but it does not yet have carbon isotopes implemented in all climate system
components. Once that is accomplished, however, coupling such a model to an advanced
version of the FCM and, perhaps, to a sediment diagenesis model will bring us yet closer to
the overall aim of modelling directly what is found in the deep-sea sediment cores. This,
in turn, would allow for more rigorous model-data comparisons, not only of δ13C from
sediment cores, but also from other archives such as ice cores [Lourantou et al., 2010].
Additionally, other proxies such as δ18O, radiocarbon, Mg/Ca, Cd/Ca, B/Ca, or alkenones,
to mention but a few, could be considered.
• Multi-proxy approaches to assessing palaeoclimate. One of the outcomes of this thesis
is that relying on one proxy only is insufficient for fully constraining a certain climate state.
In my case, δ13C does not fully constrain the glacial AMOC. This is nothing new, but it
further highlights the need for multi-proxy approaches in palaeoceanography. In recent
years there have been considerable advances in this direction already (e.g. Gersonde et al.
[2003]; Kucera et al. [2005]; Waelbroeck et al. [2009]). Looking at all the different proxies
available and assessing all their strengths and weaknesses is, of course, a huge task that
can only be achieved through major collaborations.
• Model intercomparison studies. Relying on one model only is always a danger as dif-
ferent parameterisations may lead to different model results and interpretations. There-
fore, it would be welcome to follow up on the Paleoclimate Modelling Intercomparison
Project (PMIP) and PMIP2 model intercomparisons [Weber et al., 2007; Otto-Bliesner
et al., 2007], which already demonstrate that different models can arrive at very different
107
glacial ocean circulation patterns. Looking in detail at what causes those differences should
eventually lead to a much better understanding of the processes in the climate system and
their parameterisations.
• Transient modelling of glacial-interglacial cycles. Understanding the LGM is compara-
tively easy in theory, as it is a well defined climate state, with known boundary conditions,
and probably in climatic equilibrium. Modelling the last deglaciation, or indeed whole
glacial-interglacial cycles, is a much more difficult task. In recent years, some studies have
embarked on this journey (e.g. Ganopolski and Calov [2011]). With increasing computer
power these efforts should be an easier task in the future.
• Model-data comparisons. Based on all the above points, further model-data comparisons
would be desired. These integrated assessments present the most comprehensive approach
to describing and understanding climate. As Lohmann [2008] points out, only by consider-
ing and analysing both models and data are we fully able to understand forcings, feedback
mechanisms, and climate variability. Given the ever increasing amount of proxy data and
the efforts to combine them in compilations that are suitable for model-data comparisons
(e.g. the MARGO project [Kucera et al., 2005], or Oliver et al. [2010] for δ13C), comparing
models and data will be made easier and more meaningful in the future.
• Extending approach to other time slices. All of the above points can also be applied to
different climate periods, such as the Last Interglacial (or Eemian), other earlier glacials
and interglacials, as well as the Pliocene, Miocene and Eocene. For a better understanding
of possible future climate states looking at warmer climates from the geological past may
bring useful insights. The Pliocene may be a good analogue for a high CO2 world (e.g.
Haywood et al. [2013]), while the Palaeocene-Eocene Thermal Maximum (PETM) may
provide important lessons regarding the rapid release of carbon to the atmosphere and
ocean, and its subsequent removal from the system (e.g. Panchuk et al. [2008]).
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Appendix A
List of abbreviations and geological time
periods
AABW Antarctic Bottom Water
AAIW Antarctic Intermediate Water
ACC Antarctic Circumpolar Current
AMOC Atlantic meridional overturning circulation
CB basic glacial model scenario based on CLIMAP reconstructions
CLIMAP Climate Long Range Investigation, Mapping, and Prediction
COSMOS Community Earth System Models
CS glacial model scenario based on CLIMAP reconstructions with altered fresh water balance
in the Southern Ocean
DIC Dissolved inorganic carbon
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ECHAM European Centre for Medium-Range Weather Forecasts/Hamburg atmospheric gen-
eral circulation model
Eemian Previous Interglacial, ca. 130,000 - 114,000 years ago
Eocene 55.8 to 33.9 million years ago
FCM foraminifera calcification model
GB basic glacial model scenario based on GLAMAP reconstructions
GEOSECS Geochemical Ocean Sections Study
GLAMAP Glacial Atlantic Ocean Mapping
GLODAP Global Ocean Data Analysis Project
GNAIW Glacial North Atlantic Intermediate Water
GS glacial model scenario based on GLAMAP reconstructions with altered fresh water balance
in the Southern Ocean
HAMOCC Hamburg Oceanic Carbon Cycle circulation model
Holocene Present Interglacial, the last 10,000 years
IPCC Intergovernmental Panel on Climate Change
LGM Last Glacial Maximum, 23,000 - 19,000 years ago
LH Late Holocene
LSG Large Scale Geostrophic ocean general circulation model
MARGO Multiproxy Approach for the Reconstruction of the Glacial Ocean Surface
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Miocene 23.0 to 5.3 million years ago
MOW Mediterranean Outflow Water
NADW North Atlantic Deep Water
OGCM ocean general circulation model
PETM Palaeocene-Eocene Thermal Maximum, ca. 55 million years ago
PF Polar Front
Pleistocene 2.6 to 0.01 million years ago
Pliocene 5.3 to 2.6 million years ago
PMIP Paleoclimate Modelling Intercomparison Project
POC Particulate organic carbon
SAF Sub-Antarctic Front
SSS sea surface salinity
SST sea surface temperature
STF Sub-tropical Front
TA total alkalinity
WHP World ocean circulation experiment Hydrographic Programme
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Appendix B
Supplementary material for Chapter 7
The auxiliary material consists of five figures. They contain zonal sections for the control and
LGM runs in the North Atlantic (Figure B.1a, B.1c, B.3) and South Atlantic (Figure B.1b, B.1d, B.3),
δ13Cas plots (Figure B.4), and δ13C scatter plots comparing various datasets and model output
(Figure B.5).
Figure B.1: Control run with Late Holocene δ13C sediment core data overlay for the North
Atlantic (a), and the difference in δ13C between the control run and sediment values (c). (b, d)
like in (a, c) along the South Atlantic section. Positive numbers in (c, d) indicate model δ13CDIC
values that are higher than sediment δ13Cforam values.
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Figure B.2: North Atlantic section: CS δ13C with LGM δ13C sediment data overlay (a), and
model-data differences (b). In (b): Positive numbers indicate model δ13C values that are higher
than sediment δ13C values. (c, d) and (e, f) like in (a, b), but for model runs GB and GS
Figure B.3: Like Figure B.2, but along the South Atlantic section.
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Figure B.4: δ13Cas plots for the control run (a) and the LGM scenarios CS (b), GB (c), and GS
(d).
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